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A b s t r a c t

This paper presents application of the EULAG model combined with a
sophisticated double-moment warm-rain microphysics scheme to the model
intercomparison case based on RICO (Rain in Cumulus over Ocean) field
observations. As the simulations progress, the cloud field gradually deepens
and a relatively sharp temperature and moisture inversions develop in the
lower troposphere. Two contrasting aerosol environments are considered,
referred to as pristine and polluted, together with two contrasting subgrid-
scale mixing scenarios, the homogeneous and the extremely inhomogeneous
mixing. Pristine and polluted environments feature mean cloud droplet con-
centrations around 40 and 150 mg−1, respectively, and large differences in
the rain characteristics. Various measures are used to contrast evolution of
macroscopic cloud field characteristics, such as the mean cloud fraction,
the mean cloud width, or the height of the center of mass of the cloud field,
among others. Macroscopic characteristics appear similar regardless of the
aerosol characteristics or the homogeneity of the subgrid-scale mixing.
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1. INTRODUCTION
Due to limited computational resources, global climate models typically feature
relatively low spatial and temporal resolutions, tens of kilometers and min-
utes at best. In such models, cloud and precipitation processes can be taken
into account only through appropriate parameterizations. These parameteri-
zations are supposed to mimic our understanding of cloud dynamics and mi-
crophysics as well as their interactions with larger-scale processes. The under-
standing comes from cloud observations and process studies applying smaller-
scale models of various complexity (i.e., mesoscale models, cloud-resolving
models, large-eddy simulation models, direct numerical simulation models,
etc.). A better understanding of cloud processes is the key to better climate
model parameterizations. Numerical simulations reported in this paper con-
tribute to this general goal.

Tropical and subtropical boundary layer clouds, such as subtropical stra-
tocumulus and trade-wind cumulus, reflect back to space a significant fraction
of the incoming solar radiation. At the same time their impact on the top-of-the-
atmosphere (TOA) outgoing longwave radiation is relatively small because the
cloud top temperatures are close to the temperature of the underlying surface.
It follows that these clouds exert a significant cooling on the climate system,
and they have been shown to play key role in the climate change and climate
sensitivity (e.g., Bony and Dufresne 2005). Because boundary layer clouds
affect mostly solar radiation, their microphysical properties (i.e., the spatial
variability of cloud droplets spectra) in addition to their macroscopic features
(such as the cloud fraction or the mean liquid water path) are relevant. Mi-
crophysical properties are to a large extent determined by the properties of the
cloud condensation nuclei (CCN) and the cloud-base updraft strength, together
with still poorly-understood microphysical transformation resulting from en-
trainment and mixing (including in-cloud activation; see discussion in Slawin-
ska et al. 2011). Shallow convective clouds are known to be significantly di-
luted by entrainment (e.g., Warner 1955 and numerous subsequent studies) and
microphysical effects of entrainment (i.e., homogeneity of cloud-environment
mixing or entrainment-related activation) need to be considered. Recent mod-
eling studies (e.g., Chosson et al. 2004, 2007, Grabowski 2006, Slawinska et
al. 2008) demonstrate that assumptions concerning the microphysical evolution
of these clouds, the homogeneity of cloud-environment mixing in particular,
significantly affect the albedo of a field of shallow convective clouds.

Cloud and precipitation processes have been argued to potentially affect
macroscopic properties of shallow convective clouds in a variety of ways. Per-
haps the most obvious is the impact of modified CCN on albedo of a cloud field
through the effect on the the spectrum of cloud droplets. This is typically re-
ferred to as the first indirect aerosol effect or the Twomey effect (Twomey 1974,
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1977). More recently, the smaller sizes of cloud droplets in polluted shal-
low cumuli were shown to affect the cloud dynamics through the impact of
the rate of cloud droplet evaporation and thus the evaporative cooling near
cloud edges (Xue and Feingold 2006). Moreover, smaller cloud droplets for
polluted clouds can lead to a slower development of drizzle and rain via the
collisions/coalescence (e.g., Warner 1968). This can potentially affect the abun-
dance, extent, and lifetime of some types of clouds, such as stratocumulus or
shallow convective clouds (e.g., Albrecht 1989, Pincus and Baker 1994). This
is referred to as the second indirect aerosol effect. Rainout of cloud conden-
sate was also argued to slow down the deepening of shallow convection layers
(Stevens 2007, Stevens and Seifert 2008). Finally, presence of rain and accom-
panying rain-laden downdrafts can impact boundary-layer processes, such as
the initiation of new clouds and the exchange between the atmosphere and the
ocean through the surface wind gustiness.

Here we report on numerical simulations of a field of shallow convective
clouds to investigate some of the above effects. In contrast to non-precipitating
shallow convection considered in Siebesma et al. (2003) and subsequently used
in many studies (e.g., Zhao and Austin 2005a,b; Slawinska et al. 2011, among
others) we consider precipitating case as in vanZanten et al. (2011). The em-
phasis is on the effects of cloud and precipitation processes (i.e., CCN activa-
tion, entrainment, and drizzle/rain formation) on macroscopic and microphys-
ical properties of shallow tropical convection. The paper is organized as fol-
lows. The next section presents the model used in this study. Relevant aspects
of model results, focusing on the differences between clouds developing in pris-
tine and polluted environments, are presented in Section 3. Modeling results
and their relevance to recent studies of shallow convective clouds are summa-
rized in Section 4.

2. THE MODEL
The model used in this study is the 3D anelastic semi-Lagrangian/Eulerian
model EULAG documented in Smolarkiewicz and Margolin (1997; model dy-
namics), Grabowski and Smolarkiewicz (1996; model thermodynamics), and
Margolin et al. (1999; subgrid-scale turbulent mixing); see Prusa et al. (2008)
for a recent review with comprehensive list of references. The model setup
follows the one used in the model intercomparison based on RICO (Rain in
Cumulus over Ocean) field observations (see vanZanten et al. 2011) in which
EULAG participated. A three-week period with relatively suppressed convec-
tive conditions was selected for the development of the intercomparison case.
This implies that only time-averaged observed conditions can be used in the
comparison between model results and observations (see vanZanten et al. 2011
for detailed discussion and the comparison with observations).
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The initial temperature profile features 740-m deep well mixed boundary
layer and a stably-stratified layer (featuring a constant potential temperature gra-
dient) between the boundary layer top and the model top at 4 km. The water
vapor decreases slightly across the boundary layer and then significantly in the
free troposphere. The model is forced by large-scale temperature and water va-
por advective tendencies, prescribed radiative cooling, surface fluxes of heat
(sensible and latent) and momentum, as well as prescribed large-scale subsi-
dence. Surface heat fluxes are derived from the assumed sea surface tempera-
ture (SST) of 299.8 K and saturated water vapor mixing ratio using prescribed
bulk surface exchange coefficients. Guided by results discussed in Stevens and
Seifert (2008; see Fig. 3 in particular), we decided to run the simulations with
increased horizontal and vertical resolutions compared to the model intercom-
parison setup in vanZanten et al. (2011), that is, with gridlengths of 50/20 m in
the horizontal/vertical direction, instead of 100/40 m used in the intercompari-
son. However, the number of gridpoints in the horizontal was kept unchanged,
(i.e., 128× 128) which implies that the horizontal domain was only a quarter of
that used in vanZanten et al. (2011). This aspect had an adverse impact on the
simulations, especially in the low-aerosol pristine case in the final couple hours
of the simulations. Because of that, only results up to 21 hrs are analyzed in
this paper.

In contrast to the results contributed to vanZanten et al. (2011) intercom-
parison, EULAG model is used here with the double-moment warm-rain micro-
physics scheme of Morrison and Grabowski (2007, 2008). The scheme predicts
number concentrations (per unit mass of dry air; Nc, Nr) and mixing ratios (qc,
qr) for cloud water and rain (subscript c and r, respectively), and also the con-
centration of activated CCN (Nact). Prediction of Nact is required because the
cloud droplet concentration and the activated-CCN concentration may differ
as a result of collision/coalescence. The concentration of cloud droplets can
change inside the cloud due to additional in-cloud activation of CCN (which in
turn depends on the predicted supersaturation and Nact) and due to entrainment
of environmental air. As shown in Slawinska et al. (2011), in-cloud activation
is a significant source of cloud droplets in shallow cumuli and it allows main-
taining approximately constant-in-height mean cloud droplet concentration as
typically observed (e.g., Gerber et al. 2008, Arabas et al. 2009). Entrainment
and mixing affect the droplet concentration through direct dillution by resolved
entraining eddies and parameterized subgrid-scale turbulent transport, as well
as through the prescribed mixing scenario within the warm-rain microphysics
scheme. The homogeneous mixing scenario implies that the required evapora-
tion of cloud water occurs with no change of the droplet concentration (unless
all cloud water has to evaporate). In contrast, the extremely inhomogeneous
mixing implies that the mean droplet radius does not change during evapora-
tion. See Section 5 in Morrison and Grabowski (2008) for a discussion and
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a computational example. It has to be stressed that the homogeneity of mixing
affects the parameterized subgrid-scale mixing only. The unavoidable mixing
and evaporation near cloud edge due to numerical diffusion (e.g., Grabowski
and Smolarkiewicz 1990) proceeds as the homogeneous mixing. As docu-
mented in the appendix of Slawinska et al. (2011), parameterized mixing seems
to contribute significantly less to the evaporation of cloud water compared to
the numerical diffusion. Because of that, as argued in Slawinska et al. (2011),
the homogeneity of mixing simulated by the microphysics scheme has a signif-
icantly smaller impact than anticipated based on previous studies by Chosson
et al. (2004, 2007), Grabowski (2006), and Slawinska et al. (2008). Current
results strongly support such a conjecture because simulations with contrasting
mixing scenarios differ little.

As in Morrison and Grabowski (2007, 2008) and in Slawinska et al. (2011),
we contrast results obtained assuming either the maritime aerosol character-
istics (the pristine case; the total CCN concentration of 100 mg−1) or the
continental aerosol characteristics (the polluted case; CCN concentration of
1000 mg−1). These values are used in the CCN activation scheme as described
in Morrison and Grabowski (2007) with all other parameters characterizing the
aerosol exactly as described there. So the four simulations are: two pristine
aerosol with homogeneous and extremely inhomogeneous mixing, referred to
as 100.HM and 100.EI, respectively, and two polluted, 1000.HM and 1000.EI.

3. RESULTS
Time evolutions of model results are consistent with those presented in
vanZanten et al. (2011; see Fig. 3 in particular). We focus on the entire evo-
lution of the cloud field as simulated by the EULAG model, and on the ef-
fects of cloud and precipitation processes in particular. In contrast, the dis-
cussion in vanZanten et al. (2011) focused on the differences between partic-
ipating models during the final four hours of the simulations. Significantly
more results from the vanZanten et al. (2011) intercomparison is available at
http://www.knmi.nl/samenw/rico/LESoutputsets.html.

3.1 The temperature and moisture profiles
Figure 1 shows instantaneous potential temperature and water vapor profiles for
hours 3, 6,..., 21 for the simulation 1000.HM. The profiles for other simulations
are similar and are not shown. The initial profiles are uniform above the well-
mixed boundary layer. As the simulation progresses, the initial profiles slowly
evolve into profiles that are less stable and slightly more humid within the cloud
layer, and are capped by a couple-hundred-meter deep inversion. The inversion
slowly rises and the cloud layer gradually deepens, with the tallest clouds reach-
ing a few hundred meters above the inversion (this will become evident in the
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Fig. 1. Evolution of the potential temperature and water vapor mixing ratio profiles
in simulation 1000.HM. The thick lines show profiles at 3 hrs (solid line) and 21 hrs
(dashed line). Profiles at 6, 9, 12, 15, 18, and 21 hrs (the latter repeated for comparison)
are plotted by thin lines, with each profile shifted to the right by 2.5 K for the temper-
ature and 2.5 g kg−1 for the water vapor from the corresponding profile at a previous
time level. Note that the scale on the horizontal axis applies only to the profiles plotted
with thick lines.

subsequent analysis). These changes are accompanied by a gradual increase of
convective available potential energy (CAPE) as documented below.

Figure 2 shows the evolutions of the temperature and water vapor inversion
heights. The inversion height is defined as the height of the maximum temper-
ature gradient (minimum water vapor gradient) in the mean profile away from
the surface. Since the maximum (minimum for the water vapor) is not very
pronounced in the first few simulation hours, only data after 5 hr are shown.
As Figure 2 shows, the inversion height increases in all simulations at a similar
rate. This is true up to about hour 18, where the low-aerosol cases 100.HM and
100.EI begin to show slower increase of the inversion height than high-aerosol
cases 1000.HM and 1000.EI. The slower deepening of significantly precipi-
tating shallow convective layers was suggested in Stevens and Seifert (2008)
and vanZanten et al. (2011), and current results seem consistent with such a
suggestion. Prior to hour 18, the rate of change of the inversion height in all
simulations is about half a meter per minute, or about 1 cm s−1.
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Fig. 2. Evolution of the temperature and moisture inversion heights in four simulations.
The inversions are poorly defined prior to hour 5 and the data from initial 4 hours are
excluded.

3.2 CAPE and surface rainfall
Figure 3 shows the evolutions of CAPE for all simulations. CAPE is calculated
as the vertical integral of the positive buoyancy as described in Section 5 of
Grabowski et al. (1998) except that the condensate loading is included in the
calculation (i.e., assuming an adiabatic and not pseudo-adiabatic parcel). The
initial conditions for the adiabatic parcel come from the average temperature
and moisture within 100-m-deep layer near the surface. As Figure 3 shows,
CAPE of the initial sounding is about 30 J kg−1. The initial burst of convection
(as in other simulations, see Fig. 3 in vanZanten et al. 2011) reduces CAPE
to almost zero. After a relatively rapid recovery between hour 1 and 3, CAPE
increases in a similar rate in all four simulations until hour 18. After that time,
CAPE in low-aerosol simulation 100.EI begins to increase at a significantly
higher rate. The other low-aerosol simulation 100.HM starts to show higher
rate of CAPE increase around hour 20, and the higher rates in the two prisitine
simulations are similar. CAPE in high-aerosol simulations keeps increasing at
the previous rate. Note that higher CAPE in low-aerosol simulations in final
hours coincides with lower inversions (cf. Fig. 2) and thus must come from
subtle changes of the stratification within the cloud layer. Arguably, higher
CAPE in precipitating low-aerosol simulations might be considered surprising
because presence of convective precipitation is accompanied by precipitation-
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Fig. 3. Evolution of CAPE in four simulations.

Fig. 4. Evolution of the cloud-base (upper panel) and surface (lower panel) rain rate in
four simulations.

laden downdrafts which supply boundary layer with dry and cold low-moist-
static-energy air and thus are typically thought to reduce CAPE.

Figure 4 shows the evolution of the domain-averaged rain rate at the height
of the cloud base and at the surface. The cloud base height is assumed at 600 m
during first three hours of the simulation and linearly decreasing to 500 m at
t = 24 hr (such a choice comes from the analysis presented later in the paper, cf.



W.W. GRABOWSKI et al.1192

Figs. 7-10). As the figure shows, the cloud-base rain rate is significantly higher
than at the surface, and – as one might anticipate – it is higher in pristine cases.
The rates are nevertheless rather small, approaching domain-averaged surface
rates of 0.01 mm day−1 in pristine cases toward the end the analyzed period.
The largest precipitation rates are arguably associated with the deepest pristine
clouds that occasionally occur in the computational domain. Evaporation of
rain between the cloud base and the surface leads to the situation where virtually
no rain reaches the surface in the polluted case. Overall, the statistics of the
precipitation field are strongly affected by the smaller computational domain
when compared to vanZanten et al. (2011).

3.3 Bulk measures of the cloud field depth
The increase of the inversion height documented in Fig. 2 and gradual increase
of CAPE suggests that the averaged depth of the cloud field increases as well. A
convenient bulk measure of the evolution of the cloud field depth is the height of
the center of mass of various cloud-related fields. Such a measure was first used
in simulations of the daytime evolution of convective processes over land, the
transition from shallow to deep convection in particular (Grabowski et al. 2006).
It was subsequently used in Koren et al. (2009)1). Here, we apply this measure
to three fields: the cloud mask, the cloud water mixing ratio and the cloud-layer
rain mixing ratio. The 3D cloud mask field is locally defined as 1 if qc 6= 0 and
0 otherwise. The cloud-layer rain water mixing ratio is the rain mixing ratio
qr above the cloud base and zero below it (the cloud base is simply assumed
at 600 m in this analysis). The height hq of the center of mass of the field q is
defined as

hq =

r
V
z q dV

r
V
q dV

=

r
z
z < q > dz
r
z
< q > dz

,

where the integrals in the middle term are over the entire volume of the com-
putational domain; they are over the vertical extent of the domain in the last
term; and < q > (z) is the horizontal averge of the field q at the height z. For
the cloud mask, the < q > (z) is simply the cloud fraction profile, whereas the
mean profiles of qc and qr (the latter truncated to zero below the cloud base) are
used to derive the center of mass of the cloud water and cloud-layer rain water.

Figure 5 shows evolutions of the above-defined center-of-mass heights in
simulations 100.HM and 1000.HM. There is a striking similarity between the
two simulations despite significant differences in the surface precipitation doc-
umented in Fig. 4. In both simulations, the cloud-mask center of mass is the

1)Note that Koren et al. incorrectly referred to this measure as the center of gravity.
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Fig. 5. Evolution of the height of the center of mass of the cloud mask (thick solid line),
cloud water field (thin solid line), and cloud-layer rain water field (thin dashed line) in
simulations 100.HM and 1000.HM. Original data were filtered with the 1-2-1 filter to
smooth temporal variations.

Fig. 6. Evolution of the domain-averaged LWP (upper two curves) and RWP (lower
two curves) in simulations 100.HM and 1000.HM. Original data were filtered with the
1-2-1 filter to smooth temporal variations.
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lowest. The qc center of mass is typically about 100 m higher because the cloud
water field is top-heavy, that is, the mean cloud water increases with height.
The cloud-layer-qr center of mass is 100 to 150 m above the qc center of mass.
This implies that rain is on average found in upper parts of the cloud field. Rain
does fall to the surface (see, for instance, an illustration in Fig. 6 of Stevens
and Seifert 2008), but on average it is present mostly in the upper parts of the
cloud where the highest cloud water can be found (this also explains why there
is little correlation between the cloud-base rain rate and the rain water path). In
other words, cloud-layer-qr is on average even more top-heavy than the cloud
water field. As expected, the evolutions of heights of the three fields are highly
correlated.

The height of the center of mass of the cloud mask allows estimation of the
mean cloud depth. Assuming that clouds have cloud bases at the same height
and only differ in their depth, the mean cloud top height is simply twice the
difference between the height of the cloud mask center of mass and the cloud
base height. This gives the mean cloud top height of around 0.8 km at 6 hrs
and around 1.4 km at 21 hrs. Note that these values are significantly smaller
than the heights of the inversion, which is between 1.6 and 1.7 km at 6 hrs and
between 2.1 and 2.2 km at 21 hrs, depending on the simulation. The cloud depth
appears to grow approximately linearly with time, consistent with the changes
of the inversion height as documented in Fig. 2.

The analysis of the height of the center of mass provides no information
about the mass of cloud and precipitation water within the domain. This is
where the difference between low- and high-aerosol simulations shows up as
illustrated in Fig. 6. The figure presents the domain-averaged liquid water path
(LWP) and rain water path (RWP) for simulations 100.HM and 1000.HM. As
the figure shows, the LWP are similar in the two simulations, whereas the RWP
differ drastically, with RWP for low-aerosol 100.HM simulation about an order
of magnitude higher than in high-aerosol 1000.HM. The increase in time of
both LWP and RWP is qualitatively similar to those shown in vanZanten et
al. (2011; Fig. 3 therein), from single-digit values to over 20 g m−2 for LWP,
and from around 0.1 to over 5 g m−2 for pristine aerosol RWP. The fact that
rain water is typically found in the upper parts of the cloud field (cf. Fig. 5)
explains why there is little correlation between either cloud-base or surface rain
rate (Fig. 4) and RWP. The figure for the extremely inhomogeneous mixing
simulations shows similar picture.

3.4 Mean cloud droplet concentration
Figure 7 illustrates the evolution of the mean cloud droplet concentration
profiles for simulations 100.HM and 1000.HM. The profiles are derived as
conditional averages over points with cloud water mixing ratio higher than
0.01 g kg−1. It follows that the profiles also illustrate the increase of the depth
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Fig. 7. Evolution of the mean cloud droplet concentration profiles for simulation
100.HM (left panel) and 1000.HM (right panel). The left-most profiles in each panel
are instantaneous profiles at 3 hrs and the scales on horizontal axes apply only to them.
Profiles at 6, 9, 12, 15, 18, and 21 hrs are averages over past 3 hrs (from data every
10 min) and are shifted to the right by 10 (100) mg−1 for 100.HM (1000.HM) from the
corresponding profile at a previous time level. Note that the profiles below and above
the cloud layer represent the zero line.

Fig. 8. As Figure 7, but for the mean vertical velocity inside cloud cores. The profiles
for hours 6 to 21 are shifted to the right by 0.5 m s−1 from the corresponding profile at
a previous time level.
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of the tallest clouds as the simulations progress. Note that in contrast to the
mean cloud depth, the tallest clouds typically reach the height of a couple
hundred meters above the inversion. Mean cloud droplet concentrations are
typically between 30 and 40 mg−1 at 3 hrs for the low-aerosol case 100.HM
and between 150 and 200 mg−1 for the high-aerosol 1000.HM. As the cloud
field deepens, slightly higher droplet concentrations are found in the upper
halves of the cloud field in both simulations. Droplet concentration profiles
from simulations with extremely-inhomogeneous mixing are similar to those
in Fig. 7 and are not shown. The difference in the droplet concentration is
responsible for the contrast in the precipitation rates in low- and high-aerosol
simulations.

The approximately constant-in-height mean cloud droplet concentration
documented in Fig. 7 occurs despite a significant dilution due to entrainment
and agrees with RICO observations reported in Gerber et al. (2008) and Arabas
et al. (2009). As discussed in Slawinska et al. (2011), the only possible expla-
nation is that a significant in-cloud activation (e.g., activation above the cloud
base) takes place in simulated clouds. The in-cloud activation happens across
the cloud field depth at the edges of the cloud cores where the updraft is rela-
tively strong and the droplet concentration (and thus the concentration of acti-
vated CCN) is reduced due to entrainment. The in-cloud activation here mimics
the entrainment-related activation seen in high-resolution single-cloud simula-
tions with bin microphysics discussed in Brenguier and Grabowski (1993), see
Slawinska et al. (2011) for an extensive discussion.

The relatively low droplet concentrations in current simulations considering
the 100 and 1000 mg−1 CCN concentrations (i.e., implying activation of only
40% of CCN in the pristine case and less then 25% of CCN in the polluted case)
may be considered surprising. However, this is not unrealistic considering the
rather low updraft velocities in the cores of simulated clouds as documented in
Fig. 8. As the figure shows, the core updraft velocity near cloud base is typically
around 0.5 m s−1 in both low- and high-aerosol simulations. The core updraft
velocity increases with height (which may play some role in in-cloud activation)
to reach values close to 1 m s−1 in the upper part of the cloud field, especially
during second halves of the simulations. The increase is consistent with the
increase of CAPE documented in Fig. 3, but overall the velocities seem smaller
than those reported in other model simulation by vanZanten et al. (2011, cf.
Fig. 5 therein). The impact of the inversion on the in-cloud vertical velocity
field is also apparent in the velocity profiles.

3.5 Cloud fraction and mean cloud width

Figures 9 and 10 present evolutions of the profiles of the cloud fraction and
the mean cloud width, respectively. The mean cloud width is derived using a
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Fig. 9. As Figure 7, but for the mean profiles of the cloud fraction. The profiles for
hours 6 to 21 are shifted to the right by 3% from the corresponding profile at a previous
time level.

Fig. 10. As Figure 7, but for the mean profiles of the cloud width. The profiles for hours
6 to 21 are shifted to the right by 200 m from the corresponding profile at a previous
time level.
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simple algorithm detailed in the Appendix. The cloud fraction profiles evolve
from those typical for shallow convection under a weak trade-wind inversion
to those characteristic for strong-inversion situations. In the former case, the
cloud fraction rapidly decreases with height from the maximum near the cloud
base (cf. Fig. 6 in Siebesma et al. 2003). For strong inversions, cloud fraction
is more uniform in height and features two maxima, one at the cloud base and
another one near the inversion (cf. Fig. 7 in Stevens et al. 2001). The profiles
for low- and high-aerosol simulations evolve in a similar manner. The same is
true for the profiles of the mean cloud width shown in Fig. 10. The mean cloud
width is around 300 m and appears quite uniform in height. The height at which
the mean cloud fraction begins to rapidly decrease is approximately equal to the
height of the bottom of the inversion layer (e.g., 1.8 km for hour 12 and 2.0 km
for hour 21).

4. DISCUSSION AND CONCLUSIONS

Following the study of non-precipitating shallow convection reported in Slaw-
inska et al. (2011), a precipitating case is considered here following the model
intercomparison case developed based on RICO observations. The simula-
tions reported here extend EULAG model results contributed to the intercom-
parison case of vanZanten et al. (2011) by applying a sophisticated double-
moment warm-rain microphysics of Morrison and Grabowski (2007, 2008).
Besides prediction of the cloud droplet and drizzle/rain drop concentrations as
in other bulk double-moment schemes, the Morrison and Grabowski scheme
predicts the in-cloud supersaturation field and allows secondary activation of
cloud droplets above the cloud base. As discussed in Slawinska et al. (2011),
this feature has a fundamental effect on model results. Yet another impor-
tant feature of the scheme is a possibility of specifying the homogeneity of
the subgrid-scale parameterized turbulent mixing. In a nutshell, one can vary
the change of the droplet concentration that accompanies the evaporation of the
cloud droplet mixing ratio, from no change at all in the homogeneous mixing
case to the extremely inhomogeneous mixing limit where the evaporation does
not change the mean volume radius of cloud droplets. Four simulations were
performed assuming either pristine or polluted CCN characteristics, each with
either homogeneous or extremely inhomogeneous mixing applied uniformly
throughout simulated clouds and for the entire simulation.

The simulations featured gradually deepening cloud field and the develop-
ment of colocated temperature and moisture inversions near the top of the cloud
field. The cloud field gradually transitions from what can be referred to as the
BOMEX-like shallow convection field as in Siebesma et al. (2003) towards the
ATEX-like field as in Stevens et al. (2001), that is, with the shallow convec-
tion layer topped by a strong inversion and the characteristic maximum of the
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cloud fraction near the inversion in addition to the maximum near the cloud
base. Overall, we find a rather insignificant impact of cloud and precipitation
processes on macroscopic characteristics of shallow convection, deepening of
the cloud field in particular. Arguably, some of the effects suggested in recent
studies briefly reviewed in the introduction can be better exposed by perform-
ing either a larger-domain simulations or including an ensemble of simulations,
with both approaches providing better statistics of the effects. The main point
is, however, that these effects are rather small and they seem to have a rather
insignificant impact on model results. It thus follows that including such effects
in cloud parameterizations would be difficult.

The above general conclusion needs to be treated with some caution, how-
ever. First, simulated clouds still precipitate little and perhaps extending the
simulations several hours using larger computational domain would be appro-
priate to see if precipitation has more significant impact, beyond what is ob-
served in current simulations. An obvious difference between pristine and pol-
luted simulations is the impact on the mean albedo of the cloud field, an aspect
documented in Slawinska et al. (2011) and not addressed here. One should
keep in mind that removing some of the limitations of the modeling setup used
here may also lead to additional effects. For instance, applying interactive ra-
diative transfer model in place of prescribed radiative tendencies may enhance
differences between clouds developing in pristine and polluted environments
through either direct or indirect aerosol impacts. The direct impact comes from
different clear-sky radiative cooling profiles associated with different absorbing
and scattering properties of pristine and polluted lower-tropospheric aerosols.
The indirect effects include impact of contrasting droplet sizes not only on the
mean albedo of the cloud field but on cloud absorbing properties as well. We
hope to report on such simulations in the future.
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A P P E N D I X
A simple algorithm for the mean cloud width estimation

A simple algorithm to estimate the mean width of a cloud field at a given height
assumes that cloud cross sections are close to circular and considers the differ-
ence in the area occupied by cloudy gridpoints near cloud edges and those in-
side. Lets assume that a radius of a single cloud cross section isR and the cloud
width is 2R. In the finite-difference representation of such a cross section, the
cloudy cells at the edge of a cloud are assumed to form a ring of the width of ap-
proximately the gridlength ∆x. In such a case, the area of the part of the cloud
cross section that has only cloudy neighbors2) and the area of the entire cloud
cross section can be approximated as π(R−∆x)2 and πR2, respectively. The ra-
tio of the two areas is then s = (R−∆x)2/R2. From the model output, the ratio
s can be estimated as the ratio of the number of cloudy points that do not have
cloud-free neighbors and the number of all cloudy points (the cloudy/cloud-
free gridpoint is defined here as containing more/less than 0.01 g kg−1 of cloud
water). Once s is known, R can be easily derived as R = ∆x/(1− s1/2).

The algorithm outlined above is inaccurate for cloudy cross sections occu-
pying just a few gridpoints. For instance, a single cloudy gridpoint or a small
ensemble of cloudy gridpoints (say, 1×2, 2×2, and 2×3) all contain only points
with cloud-free neighbors which implies s ≡ 0 and R = ∆x. For a single
ensemble of larger sizes, the algorithm returns sensible estimates. For instance,
for a single cross section occupying 3 × 3, 3 × 4, 4 × 4, and 5 × 5 gridpoints,
the algorithm gives radius R of 1.5∆x, 1.7∆x, 2∆x, and 2.5∆x, respectively. If
there are several clouds in the computational domain, summing up cloud points
as described above results in only a slightly different estimate of the mean cloud
width than the average of widths for individual cross sections. For instance, for
a situations with 2 cloudy cross sections covering 3×3 and 5×5 gridpoints, the
average cloud width as given by the mean of the two widths (1.5∆x and 2.5∆x)
is 2∆x. The algorithm presented above provides a value of 2.1∆x. The algo-
rithm may also work poorly for very-high-resolution cloud simulations (e.g.,
gridlength in the range of 1 to 10 m) because of complicated spatial structures
associated with cloud-environment interfacial instabilities (cf. Grabowski and
Clark 1991, 1993).

The proposed algorithm is extremely simple because it only requires count-
ing cloudy gridboxes and dividing them between those that have and have
not cloud-free neighbors. In contrast, a technique presented in Grabowski et
al. (2006) (referred to here as the LBA method) requires derivation of the length
of cloudy segments along x and y directions, a rather cumbersome procedure.

2)The 4 horizontal neighbors of a gridpoint (i, j) are (i+1, j), (i−1, j), (i, j+1), (i, j−1).
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Fig. 11. The mean cloud width derived by the new algorithm versus the mean width
derived using the LBA method. Data come from the simulation 1000.EI and instan-
taneous cloud field cross sections at 1-km height saved every 10 min are analyzed for
the entire simulation. The dashed line is the least squares fit to the scatterplot. The
solid line shows the theoretical relationship with the 2/3 slope and zero intercept. Short
segments in the upper left part depict the model horizontal gridlength.

To illustrate the differences between the two methods, we applied them to one
of the simulations described in this paper. The outcome of such an analysis is
presented in Fig. 11. The figure shows the scatter-diagram of the widths derived
by the two methods for the cloud cross sections at the height of 1 km for the
entire length of the simulation. The figure shows that the two methods provide
close estimates with the width typically several ∆x = 50 m in length. The LBA
method typically gives smaller width because, as pointed out in Grabowski et
al. (2006), the algorithm based on analysis of cloudy segments results in the
underestimation of the circular cloud width. For instance, if a perfectly circular
cross section of radiusR is intersected along x and y directions, the mean length
of cloudy segments is 1.5R instead of 2R, the true cloud width in such a case.
This explains why the points on the scatter diagram are aligned close to the line
with a slope of 1:1.5.
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