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ABSTRACT

The inclusion of parameterized Nordic Sea overflows in the ocean component of the Community Climate

System Model version 4 (CCSM4) results in a much improved representation of the North Atlantic tracer and

velocity distributions compared to a control CCSM4 simulation without this parameterization. As a conse-

quence, the variability of the Atlantic meridional overturning circulation (AMOC) on decadal and longer

time scales is generally lower, but the reduction is not uniform in latitude, depth, or frequency–space. While

there is dramatically less variance in the overall AMOC maximum (at about 358N), the reduction in AMOC

variance at higher latitudes is more modest. Also, it is somewhat enhanced in the deep ocean and at low

latitudes (south of about 308N). The complexity of overturning response to overflows is related to the fact that,

in both simulations, the AMOC spectrum varies substantially with latitude and depth, reflecting a variety of

driving mechanisms that are impacted in different ways by the overflows. The usefulness of reducing AMOC

to a single index is thus called into question. This study identifies two main improvements in the ocean mean

state associated with the overflow parameterization that tend to damp AMOC variability: enhanced strati-

fication in the Labrador Sea due to the injection of dense overflow waters and a deepening of the deep western

boundary current. Direct driving of deep AMOC variance by overflow transport variations is found to be

a second-order effect.

1. Introduction

Numerous studies have lent support to the idea that

variations in the strength of the Atlantic meridional

overturning circulation (AMOC) play a significant role

in driving large-scale climate changes that can have global

ramifications. AMOC fluctuations on millennial time

scales are invoked to explain large climate shifts asso-

ciated with cycles of glaciation and deglaciation infer-

red from proxy records (e.g., Rahmstorf 2002; Clark

et al. 2002; Manabe and Stouffer 1999), and centennial

reconstructions of sea surface temperature (SST) from

the recent past have revealed modes of Atlantic de-

cadal variability that are generally believed to be the

signatures of AMOC variability (e.g., Delworth and

Mann 2000; Sutton and Hodson 2005; Knight et al.

2005). The observed record of subsurface Atlantic tem-

peratures is much shorter and scarcer than for SST, but

coherent multidecadal anomalies of historical sea surface

height (SSH) and temperature at a depth of 400 m have

been identified and linked to AMOC variations (Zhang

2008). Direct observation of the basin-scale meridional

volume transport in the Atlantic is a relatively recent

development, which so far can only provide information

about subseasonal to interannual time scales (Kanzow

et al. 2010; Johns et al. 2011). Many coupled general

circulation models (CGCMs) can simulate correlated

variations of AMOC and upper-ocean temperature, and

as shown in several of the above cited works, some can

simulate coherence on time scales consistent with ob-

served records. The potential predictability of coherent

low-frequency AMOC–SST variations in model simula-

tions (Griffies and Bryan 1997; Collins et al. 2003) has

given impetus to coupled climate prediction efforts in

which emphasis is placed on improved ocean, and in

particular AMOC, initialization (Hurrell et al. 2006;

Taylor et al. 2009; Dunstone and Smith 2010). While

CGCMs generally agree that there will be a long-term

decrease in AMOC strength associated with anthropo-

genic forcing (e.g., Manabe and Stouffer 1999; Gregory

et al. 2005; Bryan et al. 2006), there remains great
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uncertainty as to the amplitude and spectral charac-

teristics of natural AMOC variability on interannual to

centennial time scales.

Climate models are a critical tool for investigating

AMOC variability and the physical mechanisms that

give rise to it, and yet model fidelity is always a compli-

cating issue. The realism of simulated variability is a

particularly vexing issue in the Atlantic basin because

CGCMs have large systematic errors in the extratropical

Atlantic associated with poorly represented Gulf Stream

and North Atlantic Current pathways (Dengg et al. 1996;

Large and Danabasoglu 2006). The dominant AMOC

time scales obtained from several different CGCM

analyses cover a wide range: 70–100 years (Delworth

and Greatbatch 2000; Vellinga and Wu 2004), 70–80

years (Jungclaus et al. 2005), 50 years (Delworth et al.

1993), 35 and 125 years (Timmermann and Latif 2005),

30 years (Cheng et al. 2004), 24 years (Dai et al. 2005),

21 years (Danabasoglu 2008), and 20 years (Farneti and

Vallis 2009). These disparate results strongly suggest

that the variability characteristics of the overturning

circulation depend on the details of model explicit and

parameterized physics, as well as on model resolution

[e.g., Bryan et al. (2006)]. While it may be premature to

develop robust theories of AMOC variability using the

current generation of CGCMs, it is hoped that advances

in model formulation and resolution will lead to in-

creased simulation fidelity and convergence with regard

to the time scales and mechanisms of Atlantic variability.

In this paper, we document the effects of a Nordic Sea

overflow parameterization on the AMOC variability

in the Community Climate System Model version 4

(CCSM4). This overflow parameterization (OFP) repre-

sents density-driven exchanges between the Nordic Seas

and the abyssal Atlantic basin. In the implementation

considered here, the OFP is used to represent the

Denmark Strait (DS) and Faroe Bank Channel (FBC)

overflows. A full description of the OFP is given in

Danabasoglu et al. (2010, hereafter DLB10), where it is

shown that the resulting overflow transports, while some-

what weaker and denser than observational estimates,

result in several improvements to the model mean state

in the North Atlantic. In that study, a comparison of

coupled model integrations with and without the OFP

showed that, while there is general improvement in

deep ocean tracer and velocity distributions with the

OFP, the surface climate impacts are mixed. Increases

of SST of more than 18C along the North American

coast degrade the solution there, but the OFP tends to

reduce SST biases elsewhere in the North Atlantic, in-

cluding in the Nordic Sea region that shows an associ-

ated improvement in the Arctic sea ice extent. The

simulations considered in DLB10 were too short,

however, to ascertain whether and how AMOC var-

iability is influenced by the improved model physics

and more realistic mean state.

The assessment of OFP impacts is extended here by

comparing twin fully coupled CCSM4 experiments

which have been integrated in excess of 700 years each,

only one of which includes the OFP. The long integra-

tions were designed to reveal the effects of the OFP on

low-frequency AMOC variability. Our focus will be on

quantifying and explaining the changes in AMOC vari-

ability associated with the inclusion of overflow physics,

but we will not undertake a comprehensive assessment

of the mechanisms, time scales, and surface signatures of

AMOC in CCSM4 in this paper. The latter is addressed

in Danabasoglu et al. (2012b). A description of the model

and experiments is given in the next section. In section 3,

we review the salient changes to the mean ocean state

associated with the inclusion of the OFP, which are

similar to those described at length in DLB10 despite

some model differences. The interannual variability of

the AMOC is quantified in section 4, and the mecha-

nisms whereby the OFP impacts AMOC variability are

explored in detail in section 5, followed by concluding

remarks.

2. Model and experiments

Because these sensitivity tests were performed during

a period of rapid model development leading up to the

release of CCSM4, we use a preliminary version of the

CCSM4 that does not include the prognostic carbon–

nitrogen cycle. In the present work, the atmospheric

model has a finite-volume dynamical core with a nomi-

nal 28 horizontal resolution and 26 vertical levels. The

ocean model has a nominal 18 horizontal resolution with

60 vertical levels. The land and sea ice components share

the same horizontal grids as the atmosphere and ocean

models, respectively. Here, we briefly describe the ocean

component only and refer to Gent et al. (2011) for the

details of the CCSM4 and its other components and to

Danabasoglu et al. (2012a) for further details of the ocean

model.

The ocean model is a level-coordinate model based on

the Parallel Ocean Program version 2 (POP2) of the Los

Alamos National Laboratory (Smith et al. 2010). It in-

cludes the near-surface eddy flux parameterization of

Ferrari et al. (2008) as implemented by Danabasoglu

et al. (2008); the abyssal tidal mixing parameterization

of St. Laurent et al. (2002) as implemented by Jayne

2009); the submesoscale mixing parameterization of

Fox-Kemper et al. (2008) as implemented by Fox-

Kemper et al. (2011); modified anisotropic horizontal

viscosity coefficients with much lower magnitudes than
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used in the Community Climate System Model version 3

(CCSM3) (Jochum et al. 2008); and modified K-Profile

Parameterization (Large et al. 1994; Danabasoglu et al.

2006) that uses horizontally varying background vertical

diffusivity and viscosity coefficients that are generally

larger than in CCSM3 (Jochum 2009). The model tracer

equations use the Gent and McWilliams (1990) isopycnal

transport parameterization with vertically varying thick-

ness and isopycnal diffusivity coefficients (Danabasoglu

and Marshall 2007).

The OFP represents exchanges through narrow straits

and channels, associated entrainment, and subsequent

injection of overflow product waters into the abyssal

basins. These overflow physics have been largely absent

in today’s ocean general circulation models used in cli-

mate studies because their explicit representation is

prohibitively expensive, requiring fine resolutions both

in the horizontal and vertical. In addition, the flows over

staircase topography in a level coordinate model tend to

have excessive convective entrainment, resulting in deep

waters that are too light and that remain too shallow

without such a parameterization. The OFP is based on

the Marginal Sea Boundary Condition (MSBC) scheme

of Price and Yang (1998). However, there are significant

differences between the MSBC and our present param-

eterization that are detailed in DLB10 and Briegleb et al.

(2010). The OFP is used to represent only the Denmark

Strait and Faroe Bank Channel overflows in the cases

considered herein.

We perform two fully coupled, present-day simula-

tions. For consistency with the nomenclature used in

DLB10, the case with the OFP is denoted as CCSM*,

while the corresponding control experiment without the

OFP is referred to as CCSM. CCSM* was integrated first

for 913 years, starting with zero velocity and the January-

mean potential temperature T and salinity S climatol-

ogy from the 1998 World Ocean Atlas (Levitus et al.

1998) merged with the Polar Science Center Hydro-

graphic Climatology (Steele et al. 2001); this combined

dataset is hereafter referred to as PHC2. CCSM was then

branched from the CCSM* solution on 1 January of the

simulation year 359 and integrated through year 1090,

thus representing a 732-yr integration. This branching

procedure was chosen to reduce the computational cost

associated with integrating through initial, multicentury

AMOC transients that are particularly large and long

when starting the coupled model from a state of rest

(Fig. 1). Nevertheless, some initial transients in CCSM

are unavoidable given that turning the OFP off is not a

minor perturbation to the system. To maximize the length

of the time series analysis while avoiding the periods

with large transient signals, we focus on different 550-yr

segments late in each integration.

Except where otherwise noted in what follows, time

series analysis is performed on annual mean fields over

years 360–909 for CCSM* and over years 530–1079 for

CCSM, and Lanczos low- or bandpass filtering following

Duchon (1979) is used where indicated. For most time-

mean comparisons, we calculate representative 50-yr

averages corresponding to years 850–899 for both cases,

during which time the AMOC is relatively stable in both

experiments (Fig. 1). We limit our consideration to the

Eulerian mean velocity fields and have verified that in-

cluding the subgrid-scale eddy velocity components

changes the details, but not the substance, of our results.

The significance of results is uniformly expressed as the

confidence level (%) that the relevant null hypothesis

can be rejected. When comparing variances, the null

hypothesis is that the samples are drawn from the same

population; when computing spectra, the null hypothesis

is that the time series corresponds to a first-order auto-

regressive [AR(1)] process; when computing correlations

or regressions, the null hypothesis is that the two time

series are uncorrelated.

To minimize the heat content drift in the coupled

system, we tuned CCSM* to have a top of the atmosphere

(TOA) heat imbalance of near zero. Indeed, for the last

300 years, we calculate TOA heat flux as 20.027 W m22.

FIG. 1. Annual time series of meridional overturning indices

(MOIs) from CCSM and CCSM*: (a) maximum AMOC strength

at 26.58N (MOI26.5), (b) maximum AMOC strength north of 288N

and below 500 m (MOImax), and (c) maximum AMOC strength at

458N (MOI45). The thick curves show the indices after smoothing

with a 15-point low-pass Lanczos filter with a cutoff period of 10

years. The variance (var) of the raw, detrended time series is given

for years 530–1079 (CCSM) and 360–909 (CCSM*).
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To avoid changes in the atmospheric model physics,

CCSM was not retuned, but still shows a rather small

TOA heat flux of 10.027 W m22 over the last 300-yr

segment. These imbalances are largely reflected in

the ocean model as minor cooling (20.0088C century21)

and warming (10.0088C century21) trends in the volume-

averaged T in CCSM* and CCSM, respectively. We note

that these TOA imbalances are much smaller than those

of the present-day CCSM3 and preindustrial CCSM4

control simulations where the TOA energy balances are

20.27 W m22 and 20.15 W m22, respectively (Collins

et al. 2006; Gent et al. 2011).

3. Mean North Atlantic state

The time-averaged AMOC reveals a much deeper

penetration of the cell associated with the North Atlantic

Deep Water (NADW) in CCSM* than in CCSM, as in-

dicated by the depth of the zero contour line (Figs. 2a,c).

The AMOC difference plot (Fig. 2e) clearly shows that,

with the OFP, the NADW circulation is deeper and

stronger north of about 408N, and southward flow is

spread over a greater depth range between 1000 m and

the bottom at all latitudes. The overly shallow NADW

in CCSM is due to excessive convective entrainment,

which is a well-known deficiency in level-coordinate

models (see, e.g., Roberts et al. 1996; Winton et al. 1998),

and DLB10 demonstrate that the deeper NADW pene-

tration resulting from the OFP improves the comparison

with the observed mean transport profile at 26.58N ob-

tained from the Rapid Climate Change (RAPID) me-

ridional overturning circulation (MOC) monitoring array

(Cunningham et al. 2007). The improved NADW circu-

lation is also evidenced by the increased fidelity of deep

FIG. 2. Time-mean North Atlantic (left) meridional overturning streamfunction and (right)

barotropic streamfunction from (a),(b) CCSM, (c),(d) CCSM*, and (e),(f) CCSM* 2 CCSM.

The contour intervals are 2 Sv in (a),(c); 1 Sv in (e); 10 Sv in (b),(d); and 5 Sv in (f). Negative

contour levels are dashed.
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tracer fields, as we show below. There is also a very local-

ized reduction in AMOC transport in CCSM* compared to

CCSM centered at roughly 378N and 500-m depth; this

results in a slight [2 Sv (1 Sv [ 106 m3 s21)] reduction in

maximum AMOC transport in the simulation with OFP.

The stronger overturning in CCSM* is accompanied

by a more vigorous barotropic gyre circulation over most

of the North Atlantic (Figs. 2b,d). The strength of the

Labrador Sea gyre generally exceeds 40 Sv in CCSM*,

and it is more than 10 Sv stronger than in CCSM in a band

along the Labrador coast shelf extending to the Grand

Banks region (Fig. 2f). In the western Labrador Sea near

558N, estimates of equatorward barotropic transport

from observations (Pickart et al. 2002) as well as from

high-resolution ocean models (Treguier et al. 2005)

suggest that the value should indeed be somewhat greater

than 40 Sv. It is less clear whether the weakening of the

cyclonic subpolar circulation in CCSM* east of about

408W (Fig. 2f), particularly in the region to the south and

east of Greenland, represents an improvement. It is as-

sociated with stronger (more anticyclonic) abyssal flow in

this region (see below). There is a northward shift of the

subtropical gyre that results in stronger barotropic flow

along the Atlantic coast and into the northeastern At-

lantic. In this model, the OFP tends to reduce the strength

of the cyclonic northern recirculation gyre south of

Newfoundland, which is already too weak in CCSM.

There is also a more vigorous cyclonic gyre flow north

of Iceland in CCSM*, which pushes the northern extent

of cyclonic subpolar gyre flow well past Spitsbergen,

Norway (not shown). As in the DLB10 study, this is

associated with a retreat of the sea ice edge in the

Greenland and Norwegian Sea region, which improves

the comparison with the observed mean sea ice extent.

Inclusion of the OFP results in clear improvements in

the T and S structure throughout the deep Atlantic, but

the impacts in the upper ocean are not favorable ev-

erywhere, as was noted in DLB10. The northward shift

of Gulf Stream (GS) flow in CCSM* leads to a reduction

of the chronic upper-ocean cold and fresh bias east of

Newfoundland, but not necessarily for the right reason,

because this reduction is associated with larger positive

T and S biases along the North American coast and a too

zonal North Atlantic Current (NAC) path. In subtropical

and subpolar regions away from the GS and its NAC

extension, CCSM* does exhibit somewhat lower near-

surface biases in T, S, and density relative to PHC2 (not

shown). In the deep North Atlantic, CCSM is character-

ized by systematic, positive T and S biases with especially

large errors in the Greenland, Irminger, and Norwegian

(hereafter GIN) and Labrador Seas (Figs. 3a,c). These are

associated with an almost uniformly negative density

(s2) bias (Fig. 3e). The inclusion of overflows results in

better agreement with the PHC2 T and S climatologies

throughout the abyssal North Atlantic, although these

biases remain positive (Figs. 3b,d). At 2649-m depth,

the T and S biases in the central Labrador Sea go from

roughly 1.68C and 0.275 psu in CCSM to 0.68C and

0.2 psu in CCSM*, respectively. The cooling effect of

the OFP has a larger impact on deep density than the

freshening effect, so that the density bias relative to PHC2

at this depth goes from being generally negative in CCSM

to generally positive in CCSM* (Figs. 3e,f). The increase

in deep density is particularly pronounced in the Labrador

and GIN Seas.

The cooler, fresher, and denser deep North Atlantic in

CCSM* compared to CCSM is due to the injection of DS

and FBC overflow product waters at depths close to

2000 m. The OFP fills the abyssal North Atlantic with

newly ventilated water emanating from the two sill lo-

cations. A comparison of the distribution of an ideal age

tracer (Thiele and Sarmiento 1990) shows the dramatic

reduction in ventilation time scales at 2649-m depth over

most of the North Atlantic, especially at latitudes north

of about 358N (Figs. 3g,h). The southward penetration of

young NADW water is evident in CCSM* as a tongue of

relatively low age water extending southwest along the

North American coast. In contrast, the deep water off

the North American coast in CCSM is much older and of

subtropical origin.

In the Labrador Sea region, the OFP results in slightly

reduced upper-ocean density (due to lower positive S bias;

not shown) and increased deep density (due to lower

positive T bias), thereby enhancing the stratification in the

region where deep convection occurs. This inhibits deep

winter mixing, resulting in a much more realistic distri-

bution of time-mean late winter boundary layer depth in

CCSM* compared to CCSM (Fig. 4). The XBLDmar field

contoured in Fig. 4 measures the maximum penetration

depth of convection during the month of March (and so,

effectively, during the year). It indicates consistent pene-

tration of the CCSM winter boundary layer below 1-km

depth in a large patch extending from the far northern

Labrador Sea out to east of 408W. The deepest mixing in

CCSM occurs in the vicinity of 548N, 428W, where

convective mixing penetrates on average to depths

below 2 km. This contrasts sharply with late winter

observations in the Labrador Sea that show that even in

strong winters, mixed layer depths exceeding 1300-m

depth are rare, and that the deepest mixing occurs in

localized patches to the west of 508W (Pickart et al.

2002; Lavender et al. 2002). In CCSM*, mean late

winter boundary layer penetration below 1-km depth

is confined to a much smaller area west of 458W, and

there are no regions where the mean penetration

depth exceeds 2 km. While still probably too robust and
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extensive, deep convection in CCSM* is much more

realistic than in CCSM.

The shallower deep convection in CCSM* appears to

be a consequence of greater mean stratification in the

Labrador Sea abyss, which is maintained by overflow

waters. A meridional section near 458W from the tip of

Greenland to the continental shelf off Newfoundland

(see dashed line in Fig. 4) reveals a much stronger per-

manent pycnocline in CCSM* from about 1800-m depth

to the bottom, which is more in line with the observed,

climatological density stratification (Fig. 5). Dense

overflow product water is transported into the Labrador

Sea abyss in a deep boundary current centered around

2500-m depth on the Greenland shelf offshore of Cape

Farewell. This deep flow is largely absent in CCSM. Lag

correlations of either raw or time-filtered time series

confirm a strong causal relationship between OFP

transport and deep stratification: positive anomalies in

Denmark Strait overflow are significantly associated with

positive (negative) Labrador Sea density anomalies be-

low (above) 2000 m after a lag of about one year (not

shown). The negative correlations at shallower depths are

consistent with an inhibition of deep convective mixing,

and indeed, boundary layer depths correlate negatively

with DS overflow throughout the Labrador Sea at near-

0 lag (not shown). Correlations of abyssal Labrador Sea

density with the Faroe Bank Channel overflow are also

positive and significant but somewhat lower. The im-

proved deep stratification in CCSM* is thus maintained

by episodic injections of dense overflow water.

FIG. 3. Time-mean fields at 2649-m depth from (left) CCSM and (right) CCSM*: (a),(b) temperature (8C),

(c),(d) salinity (psu), (e),(f) potential density referenced to 2000 m (s2) (kg m23), and (g),(h) ideal age tracer

(yr). Fields (a)–(f) are plotted as anomalies from the PHC2 climatology. Negative contour levels are dashed.
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The OFP results in a much more vigorous circulation

throughout the subpolar gyre below about 1000-m depth

as well as significant changes in the export pathways of

NADW (Fig. 6). The stronger deep western boundary

current flow in the Labrador Sea in CCSM* is consistent

with the enhanced barotropic transport noted above,

while stronger deep anticyclonic flow around 508N and

east of 358W (Figs. 6b,d) probably contributes to the re-

duction in the strength of the subpolar gyre barotropic

streamfunction to the south and east of Greenland

(Fig. 2f). In both experiments but to a lesser extent in

CCSM*, the time-mean flow on three depth levels that

intersect the NADW show that a large fraction of the

equatorward transport composing the lower limb of

the AMOC is found to the east of the mid-Atlantic

ridge before turning southwest to join the deep western

boundary current (DWBC) around 308N. This con-

trasts with observational studies in which the DWBC is

identified as the primary export pathway of NADW

from high to low latitudes (e.g., Schmitz and McCartney

1993; Lumpkin and Speer 2003; Molinari et al. 1998;

Bryden et al. 2005; Kieke et al. 2009). Although recent

float measurements have called into question the relative

dominance of DWBC versus interior transport (Bower

et al. 2009), we are unaware of any observational studies

that suggest that there is substantial southward export of

NADW on the eastern side of the mid-Atlantic ridge. The

OFP improves the realism of the deep flow by increasing

the southward flow west of the ridge below 1000 m (Fig. 6).

Below 3000 m, a DWBC is clearly identifiable in CCSM*,

which flows southward near the continental shelf, whereas

in CCSM, the flow along the North American shelf at

3133-m depth is in the wrong direction (northward)

compared to mean deep flow observations near 708W

(Joyce et al. 2005). This erroneous DWBC flow direction

is also seen in forced ocean simulations that lack the OFP

(DLB10); without this parameterization, the model

DWBC is invariably too weak and too shallow.

FIG. 4. Total variance (colors, km2) of detrended maximum

March boundary layer depth (XBLDmar) time series from (a)

CCSM and (b) CCSM*. Black contours show 550-yr time-mean

maximum March boundary layer depth contoured at 0.2 km. Thick

contours highlight the 1- and 2-km levels. Thick black dashed line

shows the meridional section examined in Fig. 5.

FIG. 5. Total variance (colors, 1024 kg2 m26) of detrended an-

nual s2 time series from (a) CCSM, and (b) CCSM*. The section

shown is along a curvilinear model grid line at approximately 458W,

such that the northern land boundary is the shelf near Cape

Farewell Greenland (see dashed line in Fig. 4). Black contour lines

show 550-yr mean s2 ($37 kg m23) contoured at 0.05 kg m23, and

red contour lines show equivalent s2 levels from PHC2 climatol-

ogy. White contour lines are 550-yr mean zonal velocity contoured

at 64, 6, 8, 10 cm s21, with negative contours dashed (note: posi-

tive velocity corresponds to flow out of the Labrador Sea).
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To quantify the improvements in the DWBC simu-

lation, we have computed deep transports (for s0 $

27.8 kg m23) across the sections indicated in Fig. 6

(Table 1). The analysis is identical to that done in DLB10

to assess the fidelity of forced ocean simulations with and

without the OFP (see their Table 4 and associated dis-

cussion), but here we assess the realism of transports in

fully coupled experiments. The transects follow model

grid lines and are chosen to approximately match the

locations of three observational sections (two mooring

arrays and one repeat cruise transect), which have yielded

mean NADW flow properties into and out of the Lab-

rador Sea and along the North American continental

shelf. Westward transport at roughly 448W off of Cape

Farewell is compared to the observational estimate of

13.3 Sv given by Dickson and Brown (1994); eastward

transport at roughly 49.38W is compared to the south-

eastward, alongshore estimate of 14.7 Sv across approx-

imately 538N from Fischer et al. (2004); and westward

transport at roughly 698W is compared to the estimate of

12.5 Sv given by Joyce et al. (2005). Given that both

CCSM and CCSM* are characterized by substantial

FIG. 6. Time-mean horizontal velocity in cm s21 from (left) CCSM and (right) CCSM* at a depth of (a),(b) 1106 m,

(c),(d) 2413 m, and (e),(f) 3133 m. The direction is indicated by vectors of uniform length while the magnitude is

indicated by the color fill. Arrows are not drawn for magnitudes , 0.5 cm s21. Thick black lines show the transects

used to compute DWBC transports in Table 1.

2084 J O U R N A L O F C L I M A T E VOLUME 25



biases in the mean density field, a direct comparison to

observational transports binned over standard NADW

density layers would inevitably convolve errors in deep

flow strength with errors in density. To avoid this, we

compute model transports normal to the transects at

depths where s0 $ 27.8 kg m23 in the PHC2 clima-

tology. Thus, differences between CCSM and CCSM*

in Table 1 are solely attributable to differences in the

mean deep flow field. The OFP improves the compar-

ison with the observed transports at each location by

strengthening the DWBC flow, and the improvement is

particularly striking for the Labrador Sea transects. In

CCSM*, the deep flow into the Labrador Sea is more

than double that in CCSM, generating a close match to

the observed estimate. The Labrador Sea outflow also

increases by more than a factor of two with the OFP,

but this is not quite enough to match the observed flow

strength. We note that the transect at 49.38W is chosen

so that the eastward transport across this line should

accurately reflect the net alongshore transport, as

measured by the mooring array. Westward DWBC

flow along the North American continental shelf is

much too weak in CCSM, and while the OFP does

strengthen the flow here, the CCSM* transport of

3.1 Sv remains well below the observed value of

12.5 Sv. The large discrepancy with observations at

698W even when the OFP is included is partly attrib-

utable to the fact that the more realistic DWBC in

CCSM* is not tightly bound to the continental shelf

(Fig. 6f), so that much of the DWBC flows to the south

of the transect.

Although the product water from both overflows in

CCSM* is somewhat warmer, saltier, and denser than

observed and low entrainment results in product wa-

ter volume transports that are lower than observa-

tional estimates, the current implementation of the

Nordic Seas OFP ameliorates many, but not all, of

the biases that exist in the mean state of CCSM; in

particular, those related to the model representation

of NADW.1 The mean state changes outlined above

shed further light on the differences in the mean over-

turning streamfunction already discussed (Fig. 2). The

anemic DWBC flow in CCSM is related to the fact that

the mean NADW pathway extends much too far to the

east, with most southward transport occurring on the east

side of the mid-Atlantic ridge before turning westward

in a strong zonal flow at middepths. Where the westward-

flowing NADW encounters the North American conti-

nental shelf, horizontal convergence drives large (probably

unrealistic) vertical transports that explain the existence

of the strong overturning recirculation cell corresponding

to the AMOC maximum at about 358N and 800-m depth

in CCSM (Fig. 2a). In CCSM*, the improvements in

NADW representation lead to less mean deep flow con-

vergence onto the Atlantic shelf south of Cape Hatteras,

and thus to a weaker overturning recirculation at 358N

(Fig. 2b). We now show that the improvements in the

model mean state associated with the OFP have impor-

tant ramifications on the simulated AMOC variability.

4. AMOC variability

In this section, we contrast the AMOC variability

obtained in the two experiments on interannual and

longer time scales. Although the magnitude and spectral

composition of AMOC variations are functions of both

latitude and depth, it is common to simplify the analysis

of AMOC time dependence by defining an MOI, which

is representative of large-scale, large-amplitude AMOC

fluctuations (e.g., Delworth et al. 1993; Mignot and

Frankignoul 2005; Danabasoglu 2008). Here, we con-

sider three different annual MOIs for the Atlantic

plotted in Fig. 1: 1) the maximum overturning at 26.58N

(MOI26.5), 2) the overall maximum overturning strength

north of 288N and below 500-m depth (MOImax), and 3)

the maximum overturning at 458N (MOI45). At 26.58N,

both CCSM and CCSM* show a maximum overturning

strength only slightly higher than the observed 4-yr mean

of 18.7 Sv from RAPID (Kanzow et al. 2010), with 550-yr

mean values for MOI26.5 of 19.0 and 19.6 Sv, respectively.

In both experiments, the range of the 4-yr running aver-

age of the MOI26.5 time series brackets the RAPID mean

value (17.7–20.2 Sv from CCSM; 17.8–20.9 Sv from

CCSM*), showing that both simulations are consistent

with the limited observations at this latitude when the

averaging interval matches that used to compute the

RAPID mean. AMOC variability on interannual and

TABLE 1. Volume transports (Sv) for s0 $ 27.8 kg m23 across

the sections indicated in Fig. 6. To compare modeled to observed

transports given significant model density bias, CCSM and CCSM*

transports are computed over depths where PHC2 climatology

satisfies the density criterion. OBS refers to DWBC estimates

obtained off Cape Farewell (near 448W) by Dickson and Brown

(1994), off of the Labrador Coast (near 538N, 508W) by Fischer

et al. (2004), and south of Cape Cod (near 698W) by Joyce et al.

(2005).

448W westward 49.38W eastward 698W westward

CCSM 5.6 4.3 1.7

CCSM* 13.2 10.1 3.1

OBS 13.3 14.7 12.5

1 Refer to DLB10 for mean overflow properties of CCSM*,

which do not differ substantially in our version of the coupled ex-

periment.
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longer time scales is slightly enhanced with the in-

clusion of the OFP at this latitude (Fig. 1a), with CCSM

and CCSM* showing variances of 0.48 and 0.58 Sv2,

respectively. This difference in variance corresponds to

an 89% likelihood that the variances were not obtained

from the same population, based on an F test with the

time series autocorrelations taken into account.

The MOImax time series (Fig. 1b) reflects strong

boundary current flow along the continental shelf near

Cape Hatteras where southward-flowing NADW passes

underneath the northward-flowing GS. The location in

depth and latitude corresponding to MOImax is almost

stationary in CCSM4 simulations. In CCSM, MOImax is

always found at 830-m depth at either 35.78N or 36.28N;

in CCSM*, MOImax is always found at 34.68N at either

928 or 1041 m. The changes are between adjacent grid

points in either latitude or depth. The large mean values

of MOImax in CCSM and CCSM* (26.6 and 26.1 Sv,

respectively) reflect a persistent, strong overturning re-

circulation near the continental margin, which is driven

by overly zonal and convergent deep return flow. We

will show that the very high MOImax variance in CCSM

(1.68 Sv2) is associated with unrealistic fluctuations in

the path of NADW, and there is a pronounced reduction

of this spurious MOImax variance when the OFP is in-

cluded (0.6 Sv2 in CCSM*), which gives a 99% likeli-

hood that the null hypothesis is incorrect. At 458N, the

OFP results in a distinct increase in mean overturning

strength (21.9 Sv in CCSM* compared to 18.0 Sv in

CCSM), but only a modest decrease in AMOC variabil-

ity, which is not significant (variances are 0.85 Sv2 and

0.94 Sv2 in CCSM* and CCSM, respectively, giving only

40% confidence that the null hypothesis may be rejected

using the F test). Given the lack of observations, it is

unclear which simulation has the more realistic mean

AMOC strength at 458N.

The frequency-dependence of AMOC variance is

clearly a function of latitude in both experiments (Fig. 7),

and the sensitivity of the power spectrum to the OFP is

different for each of the MOI time series considered in

Fig. 1. In a variance-preserving spectral plot (Emery and

Thomson 2004), the area under the curve between two

frequencies gives the contribution of that frequency band

to the total variance. At 26.58N, the AMOC spectrum

in both experiments is dominated by time scales shorter

than about 5 years, and the increased variance of

MOI26.5 in CCSM* is associated mainly with an increase

in spectral power in this high-frequency band. The addi-

tion of the OFP also results in enhanced low-frequency

power, and the appearance of a weak but significant peak

at a near-100-yr period, which further augments the total

variance. At the latitude of MOImax, most of the variance

in CCSM is found at periods longer than 50 years,

although there are no outstanding low-frequency peaks

that are distinct from the AR(1) spectrum at the 99%

confidence level. The low-frequency spectral peak at

61-yr period reaches only the 95% confidence level. In

CCSM*, the much lower MOImax variance (Fig. 1) is

associated with reduced spectral power in all bands but

especially at the low-frequency end of the spectrum. In

both experiments, the AMOC spectrum at 458N is found

to differ markedly from the spectra computed at lower

latitudes. In CCSM, most of the variance is concentrated

at time scales between 10 and 20 years, with a significant

peak at a period of 13.5 years. Variance in the 501-yr

band is much lower than that seen in MOImax, and the

contribution to the total variance of modes shorter than

5 years is much reduced compared to the MOI’s from

lower latitude. With the OFP, there is much less MOI45

variance in the 10–20-yr band and more in the 20–50-

and 5–10-yr bands with a significant peak at 7 years. The

net result is a somewhat lower MOI45 variance in

CCSM*.

These conflicting sensitivities to the OFP and very

different spectral characteristics of MOIs taken from

different latitudes underscore the fact that reducing

AMOC (itself a 2D representation of the 3D velocity

field) to a single one-dimensional time series for purposes

of analysis and interpretation can be very misleading. The

differences in MOImax variance in Figs. 1 and 7 are dra-

matic, but perhaps only marginally significant, because

this index simply reflects local recirculations associated

with biased flow patterns that are particular to this lati-

tude in the CCSM4 model. Although the MOImax time

series from CCSM has the largest mean and variance of

any AMOC time series over the entire latitude–depth

domain (see below), an empirical orthogonal function

(EOF) analysis of AMOC from CCSM includes the

large-amplitude MOImax variations in the second EOF,

rather than the first, because of its limited spatial extent

(not shown). Because of the low correlation between

the first principle component time series of AMOC and

MOImax in CCSM, the interpretation of AMOC variance

in CCSM was not simplified by the reduction to a set of

EOF basis vectors. Consequently, we have chosen to

avoid an analysis that posits representative AMOC time

series, valid over large spatial domains. Instead, we at-

tempt to investigate the full dependence of AMOC var-

iance on latitude, depth, and spectral band.

The total variance (var) of detrended, annual AMOC

anomaly time series shows two distinct maxima of com-

parable magnitude in CCSM: one is centered at approx-

imately 358N and 800-m depth, and the other is at

approximately 458N and 1500-m depth (Fig. 8). The for-

mer contains the overall maximum in AMOC variance

from CCSM. It has a very narrow latitudinal range and

2086 J O U R N A L O F C L I M A T E VOLUME 25



coincides with contours where mean AMOC strength also

reaches its overall maximum. The large, low-frequency

variability reflected in the MOImax metric (Fig. 1) is thus

quite obviously a peculiar, small-scale phenomenon. At

458N, the maximum variance is found below the depth of

the maximum mean AMOC strength. Therefore, the

MOI45 time series plotted in Fig. 1, which corresponds

to a depth of about 1000 m, does not actually reflect the

largest variability found at this particular latitude,

which occurs at a depth of about 1500 m.

The AMOC variance maxima are substantially weak-

ened in CCSM* (Fig. 8). At the location of MOImax

(358N, 800 m), var drops from .1.6 Sv2 to about 0.6 Sv2.

The overall AMOC variability maximum is shifted to

near 458N, with a secondary maximum at roughly 388N

and 1500-m depth. The variance of MOI45 drops by

only 10% with the OFP, from 0.94 to 0.85 Sv2, but more

variance reduction is evident at depths below the over-

turning maximum, along with increased likelihood that

the variances are drawn from separate populations

(greater than 95% confidence). In particular, the large

region of variance reduction north of 408N (Fig. 8c)

reaches a minimum of 20.6 Sv2 at roughly 488N and

1800-m depth. While there is a large reduction of AMOC

variance in the regions where this variance is maximum in

the control, there is otherwise a low-level increase in

FIG. 7. Variance-preserving spectra of the raw annual MOIs from (left) CCSM and (right)

CCSM* plotted in Fig. 1: (a),(b) MOI26.5, (c),(d) MOImax, and (e),(f) MOI45. The thick black

line gives the theoretical Markov spectrum based on the lag-1 autocorrelation, and dashed lines

give the 95% and 99% confidence levels that the spectral power is unexplained by an AR(1)

process.
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AMOC variance in CCSM*. The slightly higher var in

CCSM* south of about 328N seen in Fig. 8c is reflected

in the MOI26.5 time series comparison.

The AMOC represents a closed circulation, reflecting

volume conservation in our ocean model. Thus, the

transport in the northward-flowing upper branch is

equal to that in the southward-flowing lower branch at

latitudes downstream of any overflow product water

injection location (we ignore the small net inflow as-

sociated with Bering Strait transport as well as even

more negligible free surface contributions). The net

transport in each direction is given by the maximum

AMOC strength at a given latitude. It is only the var-

iations in this maximum that signify true meridional

transport variations. In contrast, the concentration of

AMOC variance at 458N at depths well below the AMOC

maximum at that latitude (Figs. 8a,b) indicates that the

southward-flowing lower branch of AMOC (i.e.,

NADW) is quite variable in terms of its depth distribu-

tion, especially in CCSM. The lower-branch equatorward

flow occurs at shallower depths in CCSM, and so much of

the increased variance relative to CCSM* is due to the

fact that depth fluctuations generate more variance where

the vertical gradient of AMOC is greater. A relative

minimum in variance at 408N between about 1000- and

2000-m depth is related to the fact that deep flow be-

comes more zonal at latitudes south of the Grand Banks,

with transport variations projecting less strongly onto

AMOC.

The AMOC variance from experiments CCSM and

CCSM* is replotted in Figs. 9 and 10, respectively, as

a function of latitude, depth, and spectral band. The bands

were chosen somewhat arbitrarily to correspond to the

following time scales: 1) interannual (0–5-yr period),

2) decadal (5–15-yr period), 3) multidecadal (15–50-yr

period), and 4) centennial (50–550-yr period). After

computing the normalized spectra for each point in

latitude–depth space, the variance is binned into these

4 spectral bands such that the sum of variance across

bands yields the totals plotted in Figs. 8a,b. In both

experiments, high-frequency interannual power domi-

nates AMOC variability south of about 308N, consistent

with the spectra of MOI26.5 (Fig. 7), and it is a significant

component of the upper-ocean variability at all latitudes.

At 458N, the large AMOC variations below 500-m depth

in CCSM are primarily decadal signals (Fig. 9b), but the

centennial component is also high below 1400-m depth

(Fig. 9d). The MOImax time series at 358N is dominated

by centennial power (Figs. 7c and 9d), with maximum

amplitude at periods near 60 years, which we show below

results from strong coupling to the deep centennial fluc-

tuations at higher latitudes.

With the OFP, there is a pronounced reduction in the

decadal variance at 458N with a more modest reduction

at other latitudes in this band (Fig. 10b). This reduction

in high-latitude AMOC variance is related to reduced

variability in Labrador Sea convection. The high, cen-

tennial MOImax variance at 358N in CCSM is completely

absent in CCSM* (Fig. 10d), and in the other frequency

bands, the 358N variance shifts to well below 800-m

depth and to slightly greater latitudes. However, inter-

annual and multidecadal variance is slightly higher in

many regions in CCSM* (Figs. 10a,c), and centennial

power is generally higher south of 308N (Fig. 10d). The

increased overall variance at low latitudes in CCSM*

(Fig. 8) is thus associated with greater spectral power

at both the high and low ends of the spectrum, as was

also noted when comparing the MOI26.5 spectra (Figs.

7a,b).

FIG. 8. Total variance (Sv2) of 550-yr detrended annual AMOC

time series as a function of latitude and depth from (a) CCSM, (b)

CCSM*, and (c) the difference CCSM* 2 CCSM. Black contours

show respective 550-yr mean AMOC streamfunctions (contour

interval is 2 Sv) in (a),(b), and the 0 line in (c). Stippling in (c)

indicates negative values.
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5. AMOC variability changes associated with the
Nordic Sea overflows

The preceding comparisons raise several questions

whose answers will shed light not only on the influence

of the overflow parameterization on AMOC variability

but also, more generally, on the origins and significance

of AMOC variance simulated by CGCMs: 1) What is the

mechanism whereby the OFP inhibits decadal-scale var-

iability in AMOC at 458N? 2) What explains the large

centennial variance in MOImax in CCSM and why is it

absent in CCSM*? 3) Does the OFP play a discernible

role in directly driving AMOC variability, which would

explain the increased variance in CCSM* on time scales

greater than 15 years (Fig. 10)? We explore answers to

these questions in this section by examining the physical

mechanisms whereby the OFP influences AMOC vari-

ability on different time scales.

a. AMOC variability at 458N

Our initial focus is on the high-latitude AMOC var-

iance centered at about 458N (Fig. 8), which we have

shown is primarily a decadal signal in experiment CCSM.

In both simulations, the variance at 458N is maximum at

depths between 1–2 km where the net meridional trans-

port is southward. This suggests that variations in the

production and export of NADW (in particular, the

shallow Labrador Seawater component of NADW) are

responsible for this AMOC signal through changes in

the depth distribution of flow. The total variance of

XBLDmar shows that in addition to greatly reduced mean

deep convection in the Labrador Sea, CCSM* exhibits

much less variance in late winter mixing there (Fig. 4). In

CCSM, the large variability in regions where the mean

XBLDmar field has large gradients is most pronounced in

the region to the east of 458W, suggesting an expansion

and contraction of the primary deep convection zone well

outside of its observed location.

A decomposition of Labrador Sea XBLDmar variance

by spectral band reveals that, in both experiments, more

than 70% of the variance is associated with time scales

shorter than 15 years (not shown). We believe that

variations in Labrador Sea winter boundary layer depth

on these time scales drive AMOC variations at 458N in

the interannual–decadal bands, and this explains the

predominance of decadal power at high latitudes seen in

Figs. 9b and 10b. In both experiments, lag correlations of

area-averaged XBLDmar from the central Labrador Sea

FIG. 9. Variance (Sv2) by spectral band of the 550-yr detrended annual AMOC time series from

CCSM. The sum over all bands yields the total variance plotted in Fig. 8a. Note that the shading

interval and range are half that used in Fig. 8a. Contour lines are drawn at 0.1, 0.2, and 0.3 Sv2.
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with MOI45 show a significant maximum positive corre-

lation when convection leads MOI45 by two years. At this

lag, there is evidence of a strong relationship between deep

mixing in the Labrador Sea and high-latitude AMOC in

both experiments (Fig. 11), with anomalously deep winter

mixed layers leading to a positive AMOC response

centered around 458N where decadal power dominates.

Note that the regionally averaged mixed layer depth time

series used in Fig. 11 are normalized to have unit vari-

ance, and so the square of the regression slope in Fig. 11

yields a corresponding AMOC variance. Variations in

Labrador Sea convection generate AMOC variance at

458N in excess of 0.36 Sv2 in CCSM, but only about 0.16

Sv2 in CCSM*, at this lag. The reduction of 0.2 Sv2 is

roughly the same order difference seen in the comparison

of high-latitude AMOC variance in the decadal band

(Figs. 9 and 10). We conclude that the large reduction in

AMOC variance in the decadal band at 458N (Fig. 10b) is

largely explained by the much lower XBLDmar variance

in CCSM* (Fig. 4b).

The shallower and less variable deep convection in

CCSM* is related to greater mean stratification in the

Labrador Sea abyss, maintained by the influx of cold,

dense overflow waters, as already discussed. As a result

of the more stable column profile, almost all aspects of

Labrador Sea variability are damped in CCSM* relative

to CCSM including the following: deep convection (Fig.

4), density between about 500- and 2000-m depth (Fig.

5), and Labrador Sea outflow (see below). A notable

exception is that there is an increase in near-surface

density variance in the central Labrador Sea when the

OFP is included (Fig. 5), a point we will return to in the

discussion.

b. Variability of AMOC maximum

Another important effect of the OFP is that it weakens

the connection between the high-latitude AMOC vari-

ance (AMOC lower-limb variance at 458N associated

with outflow from the Labrador Sea) and variance at

lower latitudes where the overturning strength reaches

a maximum. We would like to understand why the re-

duction in maximum overturning variance associated

with the overflow parameterization is a mere 10% at

458N but more than 60% at 358N (Fig. 8). Why is the

variance of MOImax in CCSM so much greater and dom-

inated by low-frequency power compared to CCSM*?

Because MOImax is one of the most commonly used

measures of AMOC strength and variability in climate-

modeling studies, it is crucial to understand its sensi-

tivities and its relation to model mean biases. The

FIG. 10. As in Fig. 9, but for CCSM*. The sum over all bands yields the total variance

plotted in Fig. 8b.
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CCSM–CCSM* comparison provides a unique case study

for gaining insight into the factors that influence the

magnitude and time scale of MOImax variability. Because

the MOImax variability in CCSM is concentrated in the

multidecadal and centennial bands (Fig. 7), our focus

here is on long ($15 yr) time scales.

To understand the influence of the OFP on MOImax

variability, we must again consider the structure of the

equatorward limb of the AMOC in full 3D space. At

458N, the mean southward flow in CCSM is split into two

main branches: a strong, narrow DWBC adjacent to the

continental shelf of the Grand Banks; and a deeper, more

diffuse flow east of the mid-Atlantic ridge (Fig. 12a). The

former becomes the too shallow DWBC, which flows

southward to Cape Hatteras along the continental shelf in

CCSM, while the latter is associated with the interior

flow, which eventually approaches the western boundary

south of Cape Hatteras from the east (cf. to Figs. 6a,c,e).

With the OFP included, much of the deeper southward

export from 458N is shifted to west of the mid-Atlantic

ridge, and a strong deep current appears below 3000-m

depth (Fig. 12b). There is a significant, positive correla-

tion of DS overflow transport with the southward trans-

port in the deep jet centered at roughly 438W and 4000-m

depth that is maximized at a lag of one year (DS overflow

leads). Unlike in CCSM, the relatively shallow jet cen-

tered at 478W above 1000-m depth does not continue

southward along the western boundary; it veers east

just south of the Grand Banks (Fig. 6b). Instead, the

overflow-related deep current constitutes the DWBC,

which continues toward the equator in CCSM* (Fig. 6f).

While neither solution compares particularly well with

the transport observations at 698W (Table 1), the ex-

istence of the southward-flowing DWBC below 3000 m

in CCSM* is much more in line with the observed ve-

locity field (Joyce et al. 2005).

In CCSM, longitudinal fluctuations of southward vol-

ume export of NADW at 458N from one side of the mid-

Atlantic ridge to the other contribute to the large

MOImax variability in this experiment. The two transport

FIG. 11. Regression of AMOC (Sv) with maximum March

boundary layer depth (XBLTmar) in the central Labrador Sea from

(a) CCSM and (b) CCSM*. The XBLTmar time series is area-

averaged over the Labrador Sea box 558–358W, 508–608N and

normalized by its standard deviation (s.d.). The time series of both

AMOC and XBLTmar are bandpass filtered to retain spectral

power in the 5–15-yr band, and the AMOC time series lags

XBLTmar by 2 years. No stippling indicates that the correlation is

distinct from zero at the 95% confidence level based on a two-sided

Student’s t test. Contour lines are drawn at 60.1, 0.2, 0.3, and 0.4

Sv (s.d.)21, and dashed contours indicate negative values.

FIG. 12. Interannual rms (colors) and climatological time aver-

age (contours) of southward meridional velocity across a curvilin-

ear model grid line at approximately 458N from (a) CCSM, and (b)

CCSM*. The rms is computed from the detrended annual mean

time series. The velocity contours are 2(0.1, 1, 2, 5) cm s21 with

thick lines for integer magnitudes. The color fill values for rms are

also nonlinear. The dashed red lines mark the boxes used to define

Vwest and Veast in Figs. 13–15.
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pathways are highly anticorrelated, such that increased

southward transport in the shallow, western DWBC is

associated with reduced southward transport in the deeper

current located east of the mid-Atlantic ridge, and vice

versa. To quantify these longitudinal variations in NADW

flow, we define Vwest as the net southward volume trans-

port at 458N between 800–2000 m and 50–308W, and Veast

as a similarly defined southward transport but between 308

and 108W (see box regions in Fig. 12). There is a significant

negative correlation at lag 0 of the unfiltered Vwest and

Veast time series from CCSM (Fig. 13). Correlations of

Vwest and Veast with AMOC are greatest in the vicinity

of 358N and 800-m depth in CCSM, where AMOC

reaches its maximum strength (not shown). The offshore

flow in this region exhibits a strong causal relationship

with Vwest such that greater southward transport at 458N

in the western half of the basin is followed about 5 years

later by a spinup of the AMOC recirculation cell at 358N

(Fig. 13). The 5-yr time lag is consistent with the order

2 cm s21 advective velocity of the DWBC in CCSM (Fig.

12a). Notwithstanding the shallow bias of the DWBC in

CCSM, this time scale is also consistent with advective

velocities inferred from the observed transit time of

roughly 10 years for Labrador Seawater to reach 26.58N

via the DWBC (Molinari et al. 1998). The correlation of

MOImax with Veast is somewhat weaker, but still signifi-

cant, and of the opposite sign. Thus, stronger NADW

export east of the mid-Atlantic ridge is followed about

5 years later by a weaker AMOC at 358N.

The strong meridional and vertical circulations asso-

ciated with MOImax in CCSM and CCSM* are in fact

confined to a handful of model grid lines along the

western boundary adjacent to Cape Hatteras, in a region

of steep topographic gradients in both the meridional

and zonal directions (Fig. 14a). The (northward) upper

limb of AMOC near 358N is associated with strong GS

flow that occurs primarily along a single grid line (Fig.

14b). In CCSM, GS transport above 744-m depth in

excess of 40 Sv is only partially balanced by southward

recirculation and Sverdrup interior flow over the same

depth range, thus yielding the mean MOImax of about

26 Sv flowing northward above this depth (Fig. 8a).

Below 744 m, the NADW in CCSM converges onto the

Cape Hatteras shelf from the north and east, giving rise

to a jetlike, equatorward boundary current, which reaches

maximum strength slightly to the south of Cape Hatteras

(Fig. 14c). In contrast to the GS transport, this DWBC

jet accounts for less than half of the net southward

transport across 358N below 744 m (which by volume

conservation is also about 26 Sv) because of large

southward transport contributions from the interior

over this depth range, particularly in the vicinity of the

mid-Atlantic ridge (see Figs. 6a,c,e). Most of the deep

transport shown in Fig. 14c occurs below 1665-m depth

(Fig. 14d). The vertical transports of the MOImax re-

circulation are likewise confined mainly to a single

western boundary grid line adjacent to land, with strong

upwelling apparent south of Cape Hatteras where the

DWBC jet is strongest (Fig. 14e). At the ocean bottom,

the DWBC flow over topographic gradients (Fig. 14a) is

such that almost the entire shelf region is characterized

by strong bottom downwelling, which also reaches maxi-

mum strength to the south of Cape Hatteras where the

DWBC jet is strongest (Fig. 14f). Similar plots for time-

mean flow in CCSM* (not shown) reveal the following

differences from Fig. 14 (by panel): (b) weaker upper-

ocean GS transport, (c),(d) generally southwestward

NADW flow, which generates less shelf convergence and

a much weaker DWBC jet, (e) weaker vertical transport

with only two grid cells showing upwelling greater than

1.2 Sv, (f) weaker bottom downwelling with wb ,

0.009 cm s21 everywhere.

Large, centennial shifts in NADW transport pathways

explain MOImax variability in CCSM, and these can be

traced back to upper-ocean density variations in the

Labrador Sea (Fig. 15). Low-frequency density varia-

tions in the central Labrador Sea between the surface

and 200-m depth are primarily associated with salinity

FIG. 13. Lag correlations of unfiltered annual mean time series

from CCSM: MOImax, southward volume transport at 458N in the

depth–longitude box 800–2000 m, 508–308W (Vwest), and south-

ward volume transport at 458N in the depth–longitude box 800–

2000 m, 308–108W (Veast). The transport time series are computed

along the model grid line and within the boxes plotted in Fig. 12.

The horizontal lines give 95% confidence levels based on two-sided

Student’s t tests for the correlations with MOImax (solid) and for the

Vwest, Veast correlation (dashed).
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FIG. 14. (a) Model topography for tracer grid cells in the vicinity of Cape Hatteras (colors, km). The black lines indicate tracer cell

boundaries, which intersect at model velocity points. The thick, solid lines (and associated velocity points indicated by circles) are the

transects used to compute Cape Hatteras transport convergence in Figs. 15d, 16d [replotted as white lines in (c),(d)]. The thick, dashed

lines circumscribe the box associated with the area-averaged bottom velocity wb and barotropic velocity (y at center point of box) time

series in Figs. 15e and 16e. The remaining panels are vector plots (magnitude in color and direction given by arrows) of the following time-

average fields from CCSM: (b) depth-integrated volume transport above 744-m depth (Sv), (c) depth-integrated volume transport below

744-m depth (Sv), (d) depth-integrated volume transport below 1665-m depth (Sv), (e) vertical volume transport at 744-m depth (Sv), (f)

vertical velocity at the bottom wb (cm s21). The black lines in (b),(d) demarcate model velocity grid cells. The symbols 5 and 1 indicate

downwelling and upwelling, respectively.
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changes that clearly exhibit significant power on cen-

tennial time scales (Fig. 15a). These density changes are

correlated with large-amplitude variations in the depth-

averaged flow out of the Labrador Sea (Fig. 15b). The

variations in the strength of the Labrador Sea gyre

precede changes in the longitudinal position of equa-

torward NADW transport at 458N: a stronger (denser)

gyre leads to enhanced DWBC flow, and a weaker (less

dense) gyre leads to more southward export east of the

mid-Atlantic ridge (Fig. 15c). The anticorrelation of the

two transports is apparent, and we note that there is

considerable compensation between them, such that the

net southward transport in this depth range is much less

variable than either of the terms plotted. The large vari-

ations in the longitudinal distribution of NADW export

are not strongly reflected in the AMOC variance at 458N

because they are not associated with large variations in net

southward transport at this latitude. Nevertheless, they

FIG. 15. Annual time series from simulation CCSM of (a) volume-averaged near surface

(0–200 m) density anomaly (kg m23) within the Labrador Sea box bounded by 508–608N,

558–358W. Both the total (black) and the salinity-driven (gray) density anomaly are shown

(their difference gives the temperature-driven density anomaly); (b) eastward barotropic ve-

locity out of the Labrador Sea at approximately 498N, 458W (cf. to Fig. 5); (c) Vwest (black) and

Veast (gray) southward mass transport anomalies across a model grid line at approximately 458N

(mean values are 4.2 and 10.1 Sv, respectively); (d) net south- and westward transport anom-

alies onto the Cape Hatteras shelf below 744-m depth (black) and below 1665-m depth (gray)

across the zonal and meridional sections shown in Fig. 14 (mean values are 14.2 and 10.5 Sv,

respectively); (e) yw (black) computed from area-averaged bottom vertical velocity and depth-

averaged y (gray) from the center point of the dashed box region of Fig. 14 (see text for details);

and (f) maximum AMOC strength (MOImax). All time series have been low-pass filtered with

a cutoff at 15-yr period.
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represent the high-latitude precursor to the large MOImax

variations in CCSM, and they are associated with slight

variations in the depth distribution of NADW export.

The longitudinal transport shifts at 458N lead to

changes in the convergence of flow along the continental

shelf of North America close to 358N. Time series of

volume transport anomalies across the meridional and

zonal sections offshore of Cape Hatteras (Fig. 14) are

plotted in Fig. 15d for CCSM. We define the transport

across these sections to be positive for westward or

southward flow, and compute the net transport across

both sections for two depth ranges: 744-m depth to the

bottom (black) and 1665-m depth to the bottom (gray).

The corresponding mean transports for CCSM are 14.2

and 10.5 Sv, indicating convergent flow onto the Cape

Hatteras shelf with most of that (74%) associated with

flows deeper than 1665-m depth, as already noted above

(Fig. 14d). Positive anomalies in Fig. 15d indicate

greater convergence onto the shelf near Cape Hatteras

for the given depth range.

The changes in the export pathway of NADW on

centennial time scales (Fig. 15c) are clearly reflected in

variations in flow convergence just east of Cape Hatteras

(Fig. 15d), and the transport anomalies onto the shelf are

dominated by variations in the deep flow. There is ob-

viously a very high correlation of net transport below

744-m depth onto the Cape Hatteras shelf (Fig. 15d,

black) with MOImax (Fig. 15f) in CCSM. Because most

of the convergent flow is deeper than 1665-m depth while

the MOImax recirculation is considerably shallower, cen-

tered at about 800-m depth (Fig. 8a), topographic effects

are likely to be an important part of the explanation of

the mean and variability of AMOC at this latitude.

We hypothesize that the convergence of NADW onto

the shelf near Cape Hatteras explains the strong bottom

vortex stretching in this region as the DWBC flows

southward over the steep, meridional topography gradi-

ents (Fig. 14f), and that this in turn explains the enhanced

surface flow implied by MOImax. The significance of

bottom pressure torque (or equivalently, bottom vortex

stretching) in the vorticity balance near Cape Hatteras

has been argued by numerous authors (see, e.g., Holland

1973; Hughes and de Cuevas 2001; Zhang and Vallis

2007). To illustrate the connection between bottom

downwelling and MOImax in CCSM, the area-averaged

vertical velocity at the bottom (wb) is computed in

a region south of the Cape Hatteras convergence zone

(Fig. 14a, dashed box). The time-averaged wb from this

area, which includes a grid cell where time-mean wb ,

213 3 1023 cm s21 (Fig. 14f), is 26 3 1023 cm s21,

while Ekman pumping velocities in the vicinity of Cape

Hatteras are roughly two orders of magnitude smaller.

A vertically averaged meridional velocity yw associated

with wb can be obtained from the vertically integrated

vorticity equation (neglecting other forcing terms):

bywH 5 2fwb, (1)

where H is the depth of the fluid column, f is the Coriolis

parameter, and b 5 ›f/›y is the variation of f with lati-

tude (the values used for the center of the dashed box

shown in Fig. 14a are H 5 2298 m, f 5 8.31 3 1025 s21,

and b 5 1.88 3 10211 m21 s21). Figure 15e shows that

the northward barotropic velocity associated with bot-

tom downwelling south of Cape Hatteras explains a

large fraction of the mean and variance of the actual

vertically averaged meridional velocity y taken from the

midpoint of the area used for averaging wb (Fig. 14a).

Fluctuations in y off of Cape Hatteras are related to high

variability in the barotropic streamfunction in this region

(not shown), which are driven more by bottom vortex

stretching than by wind stress curl. The MOImax time

series (Fig. 15f), which reflects enhanced northward

flow between the surface and about 800-m depth along

coastal grid lines (Fig. 14b), thus appears to be driven

by significant bottom pressure forcing of the barotropic

flow field when there is a high level of convergence onto

the Cape Hatteras shelf. However, the exact nature of

the coupling between the deep horizontal flow and the

near surface horizontal flow near Cape Hatteras, and

the sensitivity of this coupling to the details of discrete

model bathymetry and parameter choices, remain un-

clear and beyond the scope of the present work.

The inclusion of the OFP appears to decouple Lab-

rador Sea density variations from barotropic transport

variations off Cape Hatteras by reducing the magnitude

of bottom vortex stretching there, and this explains why

MOImax variance is so much lower in CCSM*. The time

series of Fig. 15 are reproduced in Fig. 16 for CCSM*.

While the time scale and salinity dominance of the upper-

ocean density variations in the Labrador Sea are very

similar in both experiments, the amplitude of these

density variations is actually quite a bit larger in CCSM*

(note change of scale between Figs. 15a and 16a). On the

other hand, the stronger barotropic volume export is less

variable than in CCSM (Fig. 16b) because of the enhanced

Labrador Sea stratification discussed previously. Here,

Vwest is stronger and has larger amplitude variations,

which appear to track the variations in Labrador Sea sa-

linity (and density) as in CCSM, but this shallow western

boundary transport does not continue equatorward along

the western boundary in CCSM*, and it shows little cor-

relation with Veast. In CCSM*, the lower limb of AMOC

at 458N is composed of Vwestdeep (the southward flow west

of the mid-Atlantic ridge in the box 508–308W, 3000–

5000-m depth) and Veast and is thus spread over a much
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greater depth range when the OFP is included (note that

Veastdeep, the southward flow east of the mid-Atlantic

ridge below 3000-m depth, is comparatively weak and is

neglected here). Here, Vwestdeep is more than half as large

as Veast, whereas in CCSM, more than 60% of southward

transport at 458N was located east of 308W.

The larger depth range of NADW export was identi-

fied earlier in the mean AMOC distributions of Fig. 2,

from which it can also be seen that the mean net deep

southward transport at 458N is slightly higher in CCSM*

(over 20 Sv compared to about 18 Sv in CCSM). De-

spite this higher net southward transport in CCSM*, the

transports east and west of the mid-Atlantic ridge do not

covary (Fig. 16c), and the mean convergence of NADW

onto the Cape Hatteras shelf is much lower in CCSM*

compared to CCSM (only 3.5 Sv compared to 14.2 Sv

below 744-m depth, and 7.7 Sv compared to 10.5 Sv

below 1665-m depth; Figs. 15d and 16d). As in CCSM,

most of the convergent flow onto the Cape Hatteras shelf

is found below 1665-m depth, but unlike CCSM, there is a

net divergence (northward or eastward transport across

the sections of Fig. 14a) between 744- and 1665-m depths

in this region. The weaker convergence onto coastal to-

pography east of Cape Hatteras is presumably related to

the greater depth distribution of NADW. There is con-

sequently weaker bottom downwelling in the vicinity

of 358N. The mean area-averaged wb in CCSM* is only

22 3 1023 cm s21, corresponding to a yw that is only half

of the actual y (Fig. 16e). The variations in yw do not drive

variations in y of similar magnitude, although the two

time series are still highly correlated (r 5 0.64 for the

unfiltered time series, which greatly exceeds the 99%

confidence level). The MOImax time series from CCSM*

(Fig. 16f) shows little correspondence with the shelf

FIG. 16. As in Fig. 15, but from CCSM*, and with the following changes: (a) a larger scale is

used; (c) Vwestdeep (black, dashed) is the southward mass transport anomaly defined similarly as

Vwest but within a depth range of 3000–5000 m. The mean values of Vwest, Veast, and Vwestdeep

are 6.1, 9.1, and 5.8 Sv, respectively; (d) the mean values of the black and gray time series are 3.5

and 7.7 Sv, respectively; and (e) black (gray) refers to left (right) scale.

2096 J O U R N A L O F C L I M A T E VOLUME 25



convergence, bottom downwelling, or barotropic velocity

along the coast.

We conclude that the lower (higher) variability of

MOImax in CCSM* (CCSM) is due to weaker (stronger)

topographic coupling of the DWBC with the GS flow

offshore of Cape Hatteras. In both experiments, the

strength of the DWBC (which is shallow in CCSM and

deep in CCSM*) shows a lag relation to near-surface

density variations in the central Labrador Sea. But, the

inclusion of the OFP dramatically weakens the con-

nection between Labrador Sea density and the localized

recirculation offshore of Cape Hatteras, which corre-

sponds to MOImax in this model. Thus, MOImax vari-

ability is much lower in CCSM* even though Labrador

Sea density variability is much higher.

c. The impacts of overflow transport variability on
AMOC variability

While reductions in variability at 458N and at the

AMOC maximum are the first-order effects of the OFP

associated with mean state changes, total AMOC vari-

ance is actually slightly higher in CCSM* over much of

the latitude–depth domain south of about 458N and

below about 1000-m depth (Fig. 8c), and most of this

increase is associated with power in the multidecadal

(15–50-yr) band (Figs. 9 and 10c). The enhanced low-

frequency variance is not associated with deep convection

because CCSM* exhibits much less overall XBLDmar

variance than CCSM (Fig. 4) and far less XBLDmar vari-

ance on time scales longer than 15 years throughout the

Labrador and GIN Seas (not shown). This suggests that

the OFP also plays a role as a direct driver of decadal

AMOC variability in CCSM* in select regions.

The time series of the overflow product water volume

transports from CCSM* are shown in Fig. 17, along with

their spectra. As in DLB10, the overflow transport at

DS is stronger and has more variance than that at the

FBC (note scale difference in spectrum plots), but the

frequency-dependence of spectral power for the two

overflow time series is very similar, and the correlation

FIG. 17. (top) Annual time series of overflow product water volume transport (Sv) from

CCSM*, from the Denmark Strait (black) and the Faroe Bank Channel (gray). (bottom)

Variance-preserving spectra of the time series from the top panel are shown along with the-

oretical Markov spectra based on the lag-1 autocorrelations (thick solid line) and 95% and 99%

confidence curves (thin dashed lines).
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of the unsmoothed annual time series is 0.82. Apart

from significant peaks in the spectra at periods just shorter

than 5 years, most of the variance in both overflows is

concentrated in the 15–50-yr band, which coincides with

the multidecadal band in which AMOC variance in

CCSM* is generally higher than in CCSM.

Regressions of AMOC with DS overflow transport

reveal a two-way relationship, with overflow strength both

responding to and driving AMOC variations. Anomalous

strengthening of the large-scale overturning circulation

tends to result in increased overflow transport within

about 5 years (Fig. 18a). This is due to increased ad-

vection of salinity into the overflow source region [see

Danabasoglu et al. (2012b) for a discussion of this mech-

anism]. When the overflow transport reaches a maximum

(Fig. 18b), the AMOC at high latitude begins to weaken

(note that the enhanced overturning north of about

608N is associated with the OFP inflow–outflow). The

negative regression coefficient reaches maximum strength

at about 1000-m depth at 458N 2 years after the over-

flow transport maximum (Fig. 18c). The AMOC re-

sponse above 2000-m depth at 458N resembles that

which would be expected roughly 2 years after anom-

alously weak deep convection in the Labrador Sea

(Fig. 11b), underscoring the connection (discussed but

not shown) between overflow transport variations, which

modulate the stratification of Labrador Sea abyss, and

deep mixing variations. We note that the somewhat

stronger regression slope in Fig. 11b compared to Fig.

18 is related in part to the use of time filtering in the

former.

The increased AMOC below 2500-m following the

DS transport maximum is a signature of enhanced

DWBC flow (Figs. 18b,c); the region of positive regres-

sion at 458N and 3500-m depth in Fig. 18c reflects a

strengthening of the Vwestdeep transport alluded to earlier

FIG. 18. Regression of AMOC in CCSM* (Sv) with the annual Denmark Strait overflow product water volume

transport (normalized by its standard deviation) at lags of (a) 25, (b) 0, (c) 2, and (d) 5 yr (positive lag for overflow

leading AMOC). The time series of both DS overflow and AMOC are unfiltered. No stippling indicates the corre-

lation is different from 0 at the 95% confidence level based on a two-sided Student’s t test. Contour lines are drawn at

60.1, 0.2, and 0.3 Sv (s.d.)21, and dashed lines indicate negative values.
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(Figs. 12b and 16c). The enhanced deep AMOC signal

propagates southward as the lag increases (Fig. 18d).

The regressions shown in Fig. 18 are similar when the

FBC overflow time series is used instead.

While the strongest relationships between the OFP

and net overturning are clearly found at high latitudes,

and indicate that the OFP acts as a weak negative feed-

back on high-latitude AMOC, there are some positive

correlations with AMOC at latitudes south of 308N, which

are significant at the 95% confidence level (Fig. 18d). We

believe that the enhanced AMOC variance in CCSM*

at depth and at low latitudes (Fig. 8c) relates to the sig-

nificant influence of overflow transport variations in these

regions.

The impact of overflow transport variability on AMOC

would be underestimated in CCSM* if the variances of

the time series plotted in Fig. 17 are too low. An observed

time series of FBC overflow from the mid-1960s to the

present based on hydrography and a limited number

of direct measurements (Olsen et al. 2008) shows the

range of variation of annual mean overflow to be on

the order of 1 Sv, suggesting that this may well be the

case. However, the variability of FBC transport from

CCSM* is quite comparable to the peak-to-peak am-

plitude of roughly 0.3 Sv seen in more accurate direct

velocity measurements taken since 1995. Furthermore,

CCSM* lacks the external climate forcings that could

account for some of the overflow transport variability

observed in nature.

6. Discussion and conclusions

We have investigated the effects of including a pa-

rameterization for the Denmark Strait and Faroe Bank

Channel overflows in the nominal 18 horizontal resolu-

tion version of the ocean model of CCSM4 by compar-

ing two 550-yr, fully coupled simulations: one with the

OFP parameterization (CCSM*), and the other without

(CCSM). The impacts on the mean state of the North

Atlantic ocean, most notably the general improvement

in the representation of NADW, are consistent with the

earlier findings of DLB10, but the much longer in-

tegrations considered here have allowed for an assess-

ment of how the OFP influences AMOC variability on

decadal and longer time scales.

Contrasting the AMOC variability obtained in CCSM

and CCSM* is not straightforward. Reducing AMOC to

a particular meridional overturning index (MOI) gives

equivocal results. Furthermore, we found that EOF

analysis, which imposes an artificial spatiotemporal co-

herence, was not necessarily the correct tool for making

sense of the differences in AMOC variance and pre-

ferred time scales. The impact of the OFP on AMOC

variance depends on latitude, depth, and frequency band.

We identified three primary latitudes of interest for

comparing AMOC variability: 26.58, 358, and 458N. The

AMOC variability spectra are quite distinct at each of

these latitudes, reflecting different controlling processes,

and consequently the influence of the OFP is found to

depend on the latitude.

Improvements to the model mean state when the OFP

is included explain much of the difference in AMOC

variance, implying that the fidelity of simulated AMOC

variability may be suspect in models that have a poor

representation of NADW (such as the CCSM experi-

ment). As it was designed to do, the OFP allows cold,

dense Nordic Seawater to infiltrate the deep North At-

lantic. The steady supply of Nordic Seawater maintains

a relatively well-ventilated abyssal North Atlantic, and it

greatly increases the density stratification of the deep

Atlantic, especially at high latitudes and in the Labrador

Sea, which improves the comparison with observed hy-

drography. The mean strength of the cyclonic barotropic

circulation in the Labrador Sea is enhanced, due in part

to a much more vigorous abyssal flow which is in better

agreement with available DWBC transport estimates.

The deeper penetration of NADW seen in the mean

AMOC comparison is associated with a reversal in the

direction of flow near the Atlantic continental shelf

below about 3000-m depth. Mean southward export of

NADW is generally stronger with the OFP, and this is

reflected in an enhanced AMOC between about 408 and

608N. However, the deeper NADW transport results in

a weaker AMOC maximum at 358N in CCSM* because

there is less flow convergence along the continental shelf

near Cape Hatteras and hence less overturning recir-

culation there. In addition to changing the depth distri-

bution of southward NADW transport, the OFP causes

a westward shift in the path of the NADW so that there

is more southward transport to the west of the mid-

Atlantic ridge than to the east of the ridge. While there is

some degradation of the mean state near the surface

associated with a less realistic GS separation (Fig. 2d),

most aspects of the mean Atlantic simulation in CCSM*

are substantially better than in CCSM. Two improve-

ments in the model mean state induced by the OFP, in

particular, are found to have large impacts on AMOC

variability: enhanced deep stratification in the Labra-

dor Sea and the deepening of the DWBC from above

2000- to below 3000-m depth.

The enhanced Labrador Sea stratification results

from periodic injections of DS and FBC overflow product

water, and it reduces the mean penetration depth, spatial

extent, and variability of deep convection in the Labrador

Sea, all of which are excessive without the OFP. Because

of a strong correspondence between deep mixing in this
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region and AMOC at 458N, we argue that lower mixed

layer depth variance in the Labrador Sea in CCSM*

explains a large reduction in AMOC variance at high

latitudes (458N), particularly in the 5–15-yr spectral

band. However, since there is relatively little variance

in deep mixing on time scales longer than 15 years,

a different mechanism is invoked to explain the cen-

tennial variance of AMOC at 358N in CCSM, and its

disappearance in CCSM*.

The pronounced reduction in low-frequency AMOC

variability at 358N (as reflected in the MOImax time series

comparison) in CCSM* appears to be associated with

the appearance of an abyssal DWBC. Deeper western

boundary current transport greatly reduces the longitu-

dinal fluctuation in the path of NADW, which is preva-

lent in CCSM, and also reduces the mean convergence of

NADW onto the Atlantic shelf in the vicinity of Cape

Hatteras. While still not fully understood, we believe that

the AMOC recirculation cell seen near Cape Hatteras in

CCSM4 solutions is associated with high flow conver-

gence and bottom vortex stretching, which can induce

strong northward barotropic flow at this location. This

AMOC feature is much more prominent in CCSM4 than

in CCSM3, and we speculate that it is related to a much

reduced viscosity in the newer model (Jochum et al.

2008). This coastal recirculation may also be sensitive

to the details of model bottom topography, which also

changed between CCSM3 and CCSM4. Regardless of

its origins, we find that the coupling between the DWBC

and GS via topographic effects near Cape Hatteras is

greatly reduced as a result of the deeper and more stable

return flow in CCSM*.

We have shown that, apart from mean state differences,

there is some discernible impact of overflow transport

variations on AMOC variability. This manifests pri-

marily as a negative feedback on AMOC variability at

458N, but significant positive regressions with deep

AMOC in the years following high overflow transport

suggest that the OFP plays a role as a direct driver of

overturning variability through its influence on DWBC

strength. Despite much reduced variability in deep con-

vection in CCSM*, the variance of AMOC is greater than

in CCSM over much of the latitude–depth domain south

of 458N (Fig. 8c). The enhanced variance in CCSM* is

predominately found at multidecadal time scales, con-

sistent with the dominant time scales of the overflow

transport time series. This effect is missed when at-

tention is focused exclusively on net overturning met-

rics such as MOImax or MOI45.

The predominance of centennial power in the MOImax

spectrum of CCSM can be traced to slow, salinity-driven

upper-ocean density fluctuations in the Labrador Sea.

However, it is not the magnitude of these density

fluctuations that explains the large MOImax variance in

CCSM because there are even larger Labrador Sea

density fluctuations in CCSM* that have considerably

more power on centennial time scales (Figs. 15 and 16a).

Rather, we believe it is the spurious density dependence

of the NADW pathway and excessively strong coupling

between NADW flow and GS flow in CCSM that ac-

counts for the high, centennial AMOC variance at 358N

in this experiment.

The details of the mechanisms that drive the fluctua-

tions in Labrador Sea density, mixed layer depth, and

overflow transport, and set their respective time scales,

remain largely unexplored here. High-latitude surface

density fluctuations (which primarily reflect salinity

signals) certainly play a role in setting long AMOC (and

overflow transport) time scales, while higher frequency

variance in deep mixing is presumably linked to buoy-

ancy forcing by the atmosphere. We intend to address

some of these unresolved issues in future work focused

on AMOC variability in the CCSM4 preindustrial con-

trol simulation (e.g., Danabasoglu et al. 2012b), although

explaining the relevant time scales remains a challenge.

The low-frequency salinity variations that drive large

density variations in the central Labrador Sea in CCSM*

(Fig. 16a) appear to be related to mesoscale eddy flux

activity (Danabasoglu et al. 2012b), and so depend upon

the details of parameterized mixing, but the origins of

the centennial time scale are not presently known. It

may be fruitful to analyze the CCSM4 simulations for

signatures of low-frequency mechanisms identified in

lower-dimensional idealized model studies (e.g., Sevellec

et al. 2006). Because the coupled dynamics that give rise

to the long time scales in CCSM surface fields (Fig. 15a)

are probably not fundamentally different from those

operating in CCSM* (Fig. 16a), this analysis has fo-

cused on the different overturning response to those

density variations rather than their (presumably simi-

lar) origination.

The overflows in CCSM* exhibit biases that could

influence some of the results presented herein. The sim-

ulated overflow product waters are warmer, saltier, and

denser than observed and low entrainment results in

product water volume transports that are lower than

observational estimates. The enhanced abyssal strati-

fication in CCSM*, while certainly an improvement

over CCSM, may be too strong as a result of overflow

bias (Fig. 5). Although the natural variability of overflow

transports remains poorly constrained by observations,

there is some indication that the variability of the over-

flows may be underestimated (section 5c), but this would

appear to impact AMOC variability less than the signifi-

cant changes to the mean state (e.g., compare regression

coefficients in Figs. 11 and 18). Even with an imperfect
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overflow simulation, the changes to the mean state are

on the whole very positive, especially with regards to

the model representation of NADW as discussed at

length in section 3. DLB10 note that, in the current

implementation of the OFP in which prognostic model

fields determine the overflow transports, tuning for

higher entrainment transports results in product water

depths that are too shallow. Identifying ways to im-

prove the overflow parameterization is an area of ac-

tive research (see discussion in DLB10), but we expect

that refinement of the OFP will not fundamentally

change the main sensitivities revealed in the compari-

son of CCSM* with CCSM.

Neither of the simulations considered here exhibit

a large-scale, coherent AMOC ‘‘oscillation’’ with well-

defined spectral peaks, and so our analysis has taken into

account the full latitude–depth dependence of AMOC

variance and corresponding time scales. This approach

has underscored the importance of considering more

than just select AMOC indices when assessing the mag-

nitude and dominant time scales of AMOC variability. In

particular, the influence of the OFP on AMOC variability

is much more nuanced than a simple comparison of the

MOImax time series would suggest. In CCSM4, the pri-

mary effect of including a parameterization for the DS

and FBC overflows is a damping of AMOC variability.

However, the damping effect on MOImax is particularly

strong because of the existence of a likely spurious vari-

ability in the simulation without OFP, in which low-

frequency changes in the longitudinal distribution of

NADW project strongly onto the maximum AMOC near

Cape Hatteras. Thus, two important conclusions to draw

from this comparison are as follows: 1) errors in the mean

state can profoundly affect model-based estimates of

AMOC variability, and 2) index-based analyses of AMOC

variability that presume spatial coherence can poten-

tially be very misleading. Presumably, the damping

influence of the OFP would be much less dramatic in

models that already do well at simulating the DWBC

and that do not exhibit excessive coupling between the

DWBC and the GS. Still, we expect the enhanced

density stratification in the Labrador Sea and damping

of convection to be a robust effect of the OFP, which

will generally tend to reduce AMOC variance on all

time scales.
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